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Introduction
HYDROTHERMAL ORE systems comprise an upstream region,
where metals and fluids are derived, and a downstream region

where metals are deposited. Successful development of hydro-
thermal ore systems first requires an appropriate geodynamic
setting to generate metal-fertile fluid reservoirs. Second, it
requires the generation of permeable fluid pathways to drain
fluids from potentially large-volume fluid reservoirs and
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Abstract
At depths greater than several kilometers in the crust, elevated temperature, elevated confining pressure,

and the presence of reactive pore fluids typically drive rapid destruction of permeability in fractured and
porous rock. Ongoing deformation is required to regenerate permeability and facilitate the high fluid flux nec-
essary to produce hydrothermal ore systems. A dominant influence on the development of fluid pathways in
hydrothermal systems is provided by stress states, fluid pressures, and reactions that drive permeability en-
hancement and compete with permeability destruction processes.

Fluid redistribution within hydrothermal systems at depth in the crust is governed largely by hydraulic gra-
dients between upstream fluid reservoirs and the downstream regions of permeable networks of active faults,
shear zones, and related structures that drain reservoirs. Pressure-driven flow leads to generally upward mi-
gration of fluids, although permeability anisotropy and tortuous flow paths may cause a significant along-strike
component to fluid migration. Devolatilization reactions in prograding metamorphic regimes play a key role,
not only in fluid production but also in generating transitory elevated permeability in deep crustal reservoirs.
Active deformation and the development of high pore-fluid factors (the ratio of fluid pressure to vertical stress)
in fluid reservoirs also drive permeability enhancement via grain-scale microfracturing and pervasive develop-
ment of meso- to macroscale hydraulic fracture arrays. In the upstream, high-temperature parts of hydrother-
mal systems, pervasive fluid flow through the crust may occur via episodic migration of fluid-pressure pulses.
Recent observations suggest that propagating fluid-pressure pulses may create transient permeabilities as high
as 10–13m2 in the deep crust.

Flow focusing occurs wherever networks of active, high-permeability shear zones, faults, or other permeable
structures, penetrate pressurized fluid reservoirs. These structures drain reservoirs and provide pathways for
fluid redistribution to higher crustal levels. Contrasting styles of flow are expected between flow pathways in
the aseismically deforming lower half of the crust and pathways within the seismogenic regime in the upper
half of the crust. Below the seismic-aseismic transition, steady-state creep processes favor near-constant per-
meabilities and continuous fluid flow. In the seismogenic regime, large changes in fault permeability during the
seismic cycle produce episodic flow regimes. In particular, large earthquake ruptures that propagate down from
the upper crust into deeper level fluid reservoirs generate major, transitory perturbations to fluid pressure gra-
dients. Episodic fluid redistribution from breached, overpressured (i.e., suprahydrostatic) reservoirs has the
potential to generate large fluid discharge and high fluid/rock ratios around the downstream parts of fault sys-
tems after large rupture events. Hydrothermal self-sealing of faults, together with drainage of the hydraulically
accessible parts of reservoirs between earthquakes, progressively shuts off flow along fault ruptures. Perme-
ability enhancement due to rupture events may also drive transitory flow of fluids, derived from shallow crustal
reservoirs, deep into fault zones after earthquakes.

As earthquakes migrate around fault systems in the upper, seismogenic part of the crust, permeability dis-
tribution and fluid pathways can evolve in complex ways. To achieve the necessary time-integrated fluid fluxes,
the formation of large ore systems in this regime requires redistribution of fluid batches predominantly through
small segments of fault systems during numerous rupture cycles. Sustained localized flow at the ore field scale
is favored by development of long-lived, actively deforming, high-permeability structures such as fault jogs or
fault intersections on high displacement faults. These structures can produce pipelike pathways linking deep
reservoirs and shallower crustal levels. The generation of aftershock networks also influences fluid redistribu-
tion and discharge around the downstream ends of main-shock rupture zones. The distribution of these net-
works, and their repeated reactivation, is influenced by stress changes caused by main-shock rupture and by
postseismic migration of fluid-pressure pulses away from the downstream ends of main-shock rupture zones. 

At the deposit scale, in fracture-controlled hydrothermal systems, the highest fluid flux occurs where the
apertures, densities, and connectivities of fractures are greatest. The locations and geometries of these sites are
governed by fluid-driven permeability enhancement in structurally controlled sites such as jogs, bends, and ter-
minal splays, typically in low displacement faults and shear zones, as well as by fault intersections, competence
contrasts, and fold-related dilation. Permeability anisotropy in structural pathways can influence deposit-scale
flow directions and shapes of ore shoots.
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transport them to volumetrically much smaller ore deposition
sites (Fig. 1). The contrast between fluid/rock ratios in the
upstream source region and in the downstream deposit site in
hydrothermal systems commonly exceeds 103 (Heinrich et al.,
2000).

At depths greater than several kilometers in the continen-
tal crust, elevated confining pressures and temperatures tend
to remove intergranular porosity and fracture porosity in
rocks on relatively short geologic time scales, especially in
regimes where reactive pore fluids are present (Cox, 1999).
Accordingly, the genesis of hydrothermal ore deposits at
depths greater than several kilometers is dependent on
processes that generate permeability and control the distrib-
ution of fluid pathways, as well as being dependent on the
availability of metal-fertile fluids.

The distribution and availability of fluids at depth in the
crust is very restricted in space and time. For example, pro-
grading and devolatilizing metamorphic regimes in the mid to
deep crust could form the upstream regions of crustal-scale
hydrothermal systems with potential to generate some types
of ore systems (McCuaig and Kerrich, 1994; Cox, 1999). In
many metamorphic belts, isotopic and petrologic evidence for
rock-buffered fluid-rock reaction indicates very low fluid
fluxes (Thompson, 1997). However, in other cases, fluid-
buffered reactions indicate grain-scale fluid fluxes as high as
10–8 m3m–2s–1 during collisional orogenesis (Yardley et al.,
1991; Dipple and Ferry, 1992a; Ferry, 1994). By contrast,
local fluid fluxes in shear zones in some greenschist to low
amphibolite facies regimes can be higher than 10–4 m3m–2s–1

(Dipple and Ferry, 1992b; Fig. 2). In ruptured fault zones in
the upper, seismogenic half of the crust, much higher transi-
tory fluid fluxes are possible (Miller et al., 2004). Accordingly,
the difference in fluxes between regionally pervasive flow

regimes and highly localized flow regimes during midcrustal
prograde metamorphism can involve fluid focusing compara-
ble to that necessary to generate ore systems. Despite this,
the majority of metamorphic hydrothermal systems in colli-
sional orogens have poor ore deposit endowments. This high-
lights the point that the production of fluid reservoirs must be
complemented, not just by the development of channelized,
high fluid flux regimes, but also by the availability of physical
and chemical processes that can efficiently scavenge metals
from fluids over very short segments of fluid pathways (Fig.
1). 

To a first approximation, the crust in many geodynamically
active settings comprises an upper, high-permeability, near-
hydrostatic fluid-pressure regime and a deeper, lower perme-
ability regime in which fluid pressures typically exceed hy-
drostatic values; transiently, at least, fluid pressures may
attain near-lithostatic values at depth in the crust (Etheridge
et al., 1983, 1984). The transition from hydrostatic to
suprahydrostatic fluid pressures typically occurs at depths of
5 to 10 km (Sibson, 2001). Processes that foster the genera-
tion of reservoirs with different fluid pressures, and episodi-
cally breach the boundary between these fluid-pressure
regimes, have potential to generate the rapid fluid redistribu-
tion and physicochemical reactions that are key factors in the
genesis of hydrothermal ore deposits at depths greater than
several kilometers.

This paper explores how deformation processes and physi-
cal fluid-rock interactions influence permeability evolution
and the development of fluid pathways in initially low-per-
meability rocks. In particular, this review highlights (1) the
roles of stress regimes, fluid-pressure states, and reactions in
driving permeability enhancement and fluid migration; (2)
the role of dynamic competition between porosity-creation
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FIG. 1.  Schematic overview of the basic structure of a fracture-controlled, hydrothermal ore system involving one fluid
reservoir. Fluids and metals are sourced in the upstream parts of the system. Metal scavenging from source rocks in many
cases involves pervasive grain-scale flow regimes. Delivery of potentially large fluid volumes to the relatively small volumes
of ore deposits involves structurally controlled channelling of fluid into localized pathways such as fracture networks, faults,
and shear zones. Spent fluids are dispersed downstream from ore deposits. 



and -destruction processes in controlling temporal changes in
permeability, fluid-pressure evolution, and the dynamics of
fluid flow during crustal deformation; (3) the factors that in-
fluence the evolution of fluid pathways and localization of
flow during progressive deformation; and (4) deposit-scale
structural controls on fluid flow and lode geometries.

The focus is on processes operating in geodynamically ac-
tive environments at depths greater than several kilometers in
the crust, where fluid pressures are typically above hydrosta-
tic values (i.e., overpressured fluids, used interchangeably
here with suprahydrostatic). The depth of interest includes
much of the continental seismogenic regime (typically the
upper 10–15 km; Scholz, 1990) and the underlying aseismi-
cally deforming continental crust. Although this paper does
not specifically treat flow processes in the shallow and typi-
cally near-hydrostatic-pressured crust (depths typically less
than several kilometers; cf. Cathles and Adams, 2005), the
principles discussed are relevant for fracture-controlled hy-
drothermal ore deposits formed in shallow crustal environ-
ments where high fluid fluxes and locally low permeabilities
can result in the development of transient overpressuring of
fluids (e.g., some intrusion-related systems; Fournier, 1999).

Hydrothermal Ore Deposit Styles Formed at 
Depth in the Crust

The processes and principles discussed in this paper are ap-
plicable to many types of structurally controlled hydrothermal
ore systems whose genesis involved broadly fracture-con-
trolled flow. This group includes deposit styles related to
faults, shear zones, and their associated vein systems, as well
as vein-related ore deposits related to fold growth and other
crustal deformation processes. These deposit styles can de-
velop in amagmatic geodynamic settings, as well as in intru-
sion-related environments. The relevant deposit styles form
predominantly in host rocks with low intrinsic permeability

prior to fracture growth, at depths greater than several kilo-
meters, temperatures greater than approximately 250ºC, and
in suprahydrostatic fluid-pressure regimes. Many such de-
posits form in fault-related settings in the upper half of the
crust. In this case, episodic, earthquake-producing (seismo-
genic) slip processes can play a key role in governing the dy-
namics of stress states, fluid pressures, and evolution of per-
meability (Sibson, 2001). In the mid to deep crust (depths of
approx 15–35 km), the deformation style is predominantly
aseismic, and the evolution of stress states, fluid pressures,
and permeability in hydrothermal systems at these crustal lev-
els can be expected to contrast with that in the seismogenic
regime (Cox, 1999).

A major class of ore deposit that is generated by high fluid
flux at depths of approximately 5 to 20 km and temperatures
typically in the range 250º to 450ºC is the mesothermal (or
orogenic) class of lode gold deposits. These deposits are some
of the world’s major gold resources (Groves et al., 1989, 2003;
Cox et al., 1991; Goldfarb et al., 2001, 2005). They form from
low-salinity, H2O- and CO2-bearing fluids (McCuaig and Ker-
rich, 1994) and usually develop in and around low displace-
ment faults, shear zones, and related fracture systems that
form part of larger, crustal-scale, linked shear systems
(Groves et al., 1995; Cox, 1999). In many cases, the spatially
related, crustal-scale faults are older structures that have
been reactivated during the period of gold mineralization.
Deposits are commonly clustered within small segments of
fault systems (Cox and Ruming, 2004; Micklethwaite and
Cox, 2004; Robert et al., 2005). The temperature range for
formation, and the brittle and mixed brittle-plastic deforma-
tion styles of most mesothermal gold systems indicate that
they form in a depth range that straddles the seismic-aseismic
transition that typically occurs at depths of 10 to 15 km in
continental crust. Lode gold deposits formed in predomi-
nantly plastic regimes at deeper crustal levels are less abun-
dant (Barnicoat et al., 1991; Ridley et al., 2000). 

The formation of lode gold deposits usually involves large
fluxes of near-lithostatic pressured fluids along active faults
and shear zones. Although gold-rich mesothermal systems ap-
parently can form at all stages in the evolution of convergent
accretionary and collisional orogens, they develop predomi-
nantly in the postpeak metamorphic stages of orogen evolu-
tion (Groves et al., 1989; McCuaig and Kerrich, 1994). Al-
though fluids produced by devolatilization reactions during
crustal metamorphism are implicated in the formation of
many mesothermal gold systems, fluids derived from mantle
sources, magmatic systems, and near-surface reservoirs pro-
vide alternative fluid sources in some cases (e.g., Kerrich and
Cassidy, 1994; Ridley and Diamond, 2000).

Other types of hydrothermal ore systems that form at depth
within convergent orogens include some iron oxide Cu-Au
systems such as the Proterozoic Tennant Creek gold deposits
and Cu-Au deposits in the Proterozoic Mount Isa inlier
(Williams et al., 2005). The Mount Isa Cu deposit, which
formed at midcrustal depths and temperatures of 250° to
300°C, is an example of an ore system formed in a fracture-
controlled flow regime following peak metamorphism (Hein-
rich et al., 1995; Matthai et al., 2004). Some disseminated to
massive sulfide base metal Au ore systems, such as those of
the Cobar region in New South Wales (Glen, 1987; Stegman
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FIG. 2.  The effects of vertical fluid-pressure gradients (Pascals per meter)
and permeability (m2) in controlling the vertical component of fluid flux
(m3m–2s–1) in hydrothermal systems. Approximate maximum flow rates are
indicated for various pathways. The vertical dashed line represents a vertical
lithostatic fluid-pressure gradient.



and Pocock, 1996), also have origins related to fluid flow dur-
ing regional crustal shortening in low-grade metamorphic en-
vironments. Metalliferous (Fe-Cu-Pb-Zn) quartz-carbonate-
sulfide veins formed in postpeak metamorphic regimes in
some orogens (e.g., Anderson et al., 2004) could also be prod-
ucts of giant hydrothermal systems in collisional orogens.
Some unconformity-related uranium deposits, or parts of
them, also involve fracture-controlled flow in metamorphic
rocks, even though ore genesis involves porous flow in the
overlying low-temperature sedimentary sequences as well
(Wilde et al., 1989).

Fracture-controlled fluid flow in initially low-permeability
host rocks is a key element in the generation of many intru-
sion-related ore systems. Examples include Sn-W vein deposits
such as Panasqueira (Foxford et al., 2000), various other poly-
metallic, granite-related vein deposits (Cerny et al., 2005),
gold deposits related to felsic intrusions in the Proterozoic
Pine Creek inlier of the Northern Territory in Australia
(Matthai et al., 1995), alkaline intrusive-related deposits such
as Porgera in Papua-New Guinea (Munroe, 1995), and por-
phyry Cu-Au and Cu-Mo systems (Meyer et al., 1968; Hei-
drick and Titley, 1982; Tosdal and Richards, 2001; Seedorff et
al., 2005). Many of these fracture-controlled hydrothermal

systems developed in transiently suprahydrostatic fluid-pres-
sure regimes (e.g., Redmond et al., 2004). 

The formation of magmatic-related skarn systems also usu-
ally involves fracture-controlled flow, as well as flow via chem-
ically enhanced porosity, in overpressured hydrothermal
regimes (Dipple and Gerdes, 1998; Meinert et al., 2005).
Fracture-controlled flow is also implicated in the formation of
some Carlin-type deposits (Hofstra and Cline, 2000; Cline et
al., 2005), as well as in the genesis of some precious metal sys-
tems in extensional fault complexes (Wilkins et al., 1986;
Roddy et al., 1988).

Fluid Reservoirs 

Distribution of flow

Transitory fluid flow is significant in a variety of active geo-
dynamic settings, particularly in parts of accretionary and col-
lisional orogens, but also in some extensional and strike-slip
regimes (Fig. 3). Hydrothermal systems develop in both
magmatically active and amagmatic environments. Hydro-
thermal ore deposits themselves are one of the principal indi-
cators of high-flux fluid flow. Both in ore deposits, and in
other high fluid flux environments, key indicators of intense
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fluid activity include abundant veins, hydrothermal alter-
ation around veins and fracture networks, and disturbance
to isotopic systems. Fluid flow and its associated effects may
be regionally pervasive, occurring at the grain scale or via
pervasively distributed macroscopic fracture systems. Flow
may also be localized along particular high-permeability,
mesoscopic to macroscopic structures such as faults, shear
zones, or lithological boundaries (e.g., Oliver, 1996; Cox et
al., 2001). 

Permeability at depths where temperatures exceed 250ºC
is normally expected to be low (e.g., Cox, 1999; Manning and
Ingebritsen, 1999). Thus, in the following section, it will be
shown that the high time-integrated fluid fluxes associated
with hydrothermal ore genesis require substantial permeabil-
ity enhancement by microscale to macroscopic fracturing, or
reactions. Permeability enhancement is most effective while
rocks deform at elevated pore-fluid factors (where pore-fluid
factor, λv, is the ratio of fluid pressure Pf to vertical stress σv).
Furthermore, permeability enhancement, which is driven by
deformation, high fluid pressures, or reactions, is a transient
phenomenon. Sustained elevated permeability requires ongo-
ing deformation, high pore-fluid factors, or permeability en-
hancing reactions.

Types of fluid reservoirs

Overpressured fluids that migrate at depth in the crust
(typically below approx 5 km) in geodynamically active re-
gions can be derived from a variety of reservoirs (Fig. 3).
These include fluids generated by mantle sources, de-
volatilization reactions in prograde crustal metamorphic
regimes, fluids expelled from magmatic systems, surface-de-
rived (meteoric and seawater) fluids, and pore fluids in sedi-
mentary basins.

Hydrothermal systems related to prograde metamorphism:
Part of the fluid budget at convergent plate margins can be
derived from prograde devolatilization reactions occurring in
hydrated oceanic crust during subduction (Peacock, 1990;
Phillipot and Selverstone, 1991; Manning, 2004). Typically,
fluids emerging from subducting slabs at depths of 100 km or
so induce partial melting in the overlying mantle wedge.
However, in young, warm slabs, devolatilization at depths of
35 to 50 km can hydrate large volumes of the overlying fore-
arc mantle wedge, producing serpentinite (Preston et al.,
2003). Subsequent dehydration of the serpentinite has the
potential to supply large volumes of aqueous fluids to the
overlying crust. At shallower levels, permeability enhance-
ment associated with megathrust earthquakes along the sub-
duction interface has been implicated in fluid redistribution
from the subducting plate into the overlying continental crust
hanging wall (Husen and Kissling, 2001). Large strike-slip
fault systems near plate boundaries also potentially provide a
plumbing system that taps into mantle-derived fluids.
Kennedy et al. (1997) argued for a mantle component to flu-
ids in the San Andreas fault system in California.

Large fluid budgets are also associated with compaction
and devolatilization reactions in accretionary complexes at ac-
tive convergent plate margins (Vrolijk, 1987; Brantley et al.,
1997; Bebout and Barton, 1989). These fluids can drain either
along thrusts toward the toe of the accretionary complex or
upward into the shallower parts of the complex (Fig. 3).

In active collisional orogens, fluids derived from de-
volatilization reactions during prograde metamorphism deep
in the continental crust provide a major fluid source (Powell
et al., 1991). Such reactions typically produce low-salinity
H2O-CO2 fluids whose detailed chemistry is governed by rock
buffering during progressive fluid generation, as well as by
fluid-rock reaction along pathways as fluids migrate to shal-
lower crustal levels (Greenwood, 1975; Bickle and Baker,
1990; Yardley et al., 1991; Rumble, 1994). Hydration reac-
tions in retrograde, postpeak metamorphic regimes can in-
crease fluid salinity (Yardley and Graham, 2002).

A significant aspect of the thermal evolution of convergent
orogens is that peak metamorphism and attendant fluid evo-
lution commonly occurs later at deep crustal levels than it
does at upper crustal levels (Stüwe et al., 1993). Accordingly,
deeply sourced fluids can migrate into the upper crust when
that part of the crust is already on the retrograde part of its
thermal history. This may be a significant control on the tim-
ing of formation of mesothermal gold systems in orogens.

Various approaches have been used to estimate fluid pro-
duction rates and fluid fluxes during prograde metamorphism
within the continental crust in convergent orogens. For ex-
ample, Walther and Orville (1982) and Yardley (1986) esti-
mated maximum fluid fluxes out of crustal regions undergo-
ing devolatilization reactions as 0.3 to 0.4 kg m–2 yr–1. Brady
(1989) calculated maximum fluxes of 0.5 kg m–2 yr–1 for com-
plete dehydration of a 4.7-km-thick pile of pelitic metasedi-
ments during 1 m.y. Using one-dimensional numerical mod-
els of regional metamorphism, Peacock (1989) calculated
maximum rates of fluid production ranging from 90 mg m–3

yr–1, in a discontinuous reaction model, to 6 mg m–3yr–1 in a
continuous reaction model. For a 20-km-thick zone of fluid
production, these rates generate fluid fluxes up to 0.1 kg
m–2yr–1. This corresponds to volume flow rates of 3 × 10–12

m3m–2s–1, or time-integrated fluid fluxes of 102 m3m–2 in 106

yr.
A fluid flux of 0.1 kg m–2 yr–1 is equivalent to a fluid volume

of 3.5 × 105 m3 flowing across a 50- × 50-km2 surface area of
continental crust per year. This equates to 35 km3 of fluid
every 105 yr. Such fluid volumes are comparable to those in-
ferred to be involved in the formation of major mesothermal
gold systems (e.g., Cox, 1999).

Shear zones provide a major fluid pathway for fluids escap-
ing from the deep crust. Isotopic and petrologic constraints
on fluid fluxes in midcrustal shear zones indicate time-inte-
grated fluid fluxes associated with alteration and vein forma-
tion in shear zones in the range 104 to 107 m3m–2 (Ferry and
Dipple, 1991; Cartwright and Oliver, 2000). On the basis of
volume gain due to quartz precipitation in ductile, midcrustal
shear zones, Streit and Cox (1998) also estimated time-inte-
grated fluid fluxes up to 106 m3m–2. These estimates corre-
spond to flow rates up to 3 × 10–7 m3m–2s–1 for flow over an
interval of 106 to 107 yr. These values are substantially higher
than calculated fluid fluxes of 103 to 104 m3m–2 associated
with metamorphic devolatilization without flow focussing
(Ferry, 1994).

High fluid flux along faults and shear zones during mid-
crustal metamorphism is typically associated with elevated
pore fluid factors. Key evidence attesting to the development
of high pore-fluid factors includes the abundance of extension
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veins and fault-fill veins (Etheridge et al., 1984; Hickman et
al., 1995). A number of features indicate that large pore pres-
sure fluctuations can occur on short time scales in faults and
vein swarms (e.g., Vrolijk, 1987; Wilkinson and Johnston,
1996; Brantley et al., 1997). We shall see that repeated pore
fluid-pressure fluctuations are a normal response to perme-
ability changes driven by episodic fault rupture and associated
fluid redistribution from deep crustal fluid reservoirs (Sibson,
2001).

Intrusion-related hydrothermal systems: Overpressured
fluids exsolved from crystallizing magmas provide a key fluid
reservoir and metal source for a number of intrusion-related
deposit types at various depths in the crust (Fournier, 1999;
Redmond et al., 2004). However, other fluid reservoirs also
may be involved in the generation of intrusion-related hy-
drothermal systems. The thermal perturbation associated
with magma emplacement can generate convective flow sys-
tems (e.g., Norton and Knight, 1977; Cui et al., 2003), or lead
to overpressuring of pore fluids stored in the contact aureole
of the intrusion, and thereby drive fluid migration away from
the intrusive body (Dutrow and Norton, 1995). Additional
fluids may be generated by devolatilization reactions in the
contact aureole (e.g., Ferry and Dipple, 1992). 

Surface-derived and basinal fluid reservoirs: Porous and
fractured rock in shallow crustal environments, and especially
in sedimentary basins, provides major, long-lived fluid reser-
voirs in the upper crust (Person et al., 1996; Bjorlykke, 1997).
There is substantial evidence that surface-derived fluids and
basinal fluids can penetrate deep into basement underlying
sedimentary basins (Forster and Smith, 1990; Taylor, 1990). 

Topographically induced flow is one mechanism to achieve
fluid penetration to depths of several kilometers (Forster and
Smith, 1990). Earthquake ruptures, which propagate upward
from the midcrust into the near-surface hydrostatic fluid-
pressure regime, also provide a pathway for postseismic
ingress of near-surface fluids to deeper crustal levels (Mc-
Caig, 1988). During subsequent interseismic fault healing,
these fluids can be pressurized by compaction processes and
expelled gradually from the fault zone (Sleep and Blanpied,
1992). The time-integrated volumes of fluids that can cycle
through coseismic damage zones can be substantial. For ex-
ample, a fault rupture zone with dimensions 50 km long, 20
km deep, and with a damage zone 50 m wide containing 2
percent porosity, can store 1 km3 of fluid. During 100 rupture
cycles, this generates a time-integrated flux of 100 km3 of
fluid that can be expelled from, or along, the fault zone on
time scales of 104 to 105 yr.

Although many ore deposits form from single fluid
sources, mixing and reaction between fluids derived from
chemically distinct reservoirs can be an important factor in
the genesis of many deposit types. Regardless of the number
of fluid reservoirs involved in an ore system, necessary
conditions controlling where and when a deep crustal hy-
drothermal ore system develops are the availability of fluids
and metal-fertile reservoirs, the generation of fluid pathways,
mechanisms to drive flow, and the availability of processes to
efficiently precipitate metals from solution. The following
sections examine processes driving fluid flow and how fluid
pathways are generated during crustal deformation and
metamorphism.

Controls on Permeability Enhancement in 
Deep Hydrothermal Systems

Darcy’s Law and driving forces for fluid flow

Pressure-driven flow: The dependence of fluid flow in porous
media on driving forces, the transport properties of the
media, and the fluid properties are described by Darcy’s Law.
For one-dimensional horizontal flow, the dependence of fluid
flux (fluid volume, Q, across cross-sectional area, A, per unit
time, t) on hydraulic pressure gradients (dP/dx), is given by 

Q/At = (k/µ)(dP/dx). (1)

The constants of proportionality in this relationship are the
permeability (k) of the rock, and viscosity (µ) ) of the pore
fluid. Darcy’s Law assumes laminar flow, which applies in
porous rocks at flow rates up to about 1 ms–1. At higher flow
rates, turbulence and high inertial forces lead to breakdown
of Darcy’s Law (Guéguen and Palciauskas, 1994). Permeabil-
ity has units of m2 (1 darcy = 10–12 m2) and is an intrinsic rock
property that is a measure of the capacity of fluids to flow
through rock. Viscosity is a measure of the viscous resistance
to flow of a fluid through pore spaces.

For flow regimes with a vertical component of flow, fluid
migration is driven by departures of the vertical fluid-pres-
sure gradient from the fluid-pressure gradient that occurs in
a column of connected fluid at rest. For change in depth (dz),
the change in fluid pressure (dP) in a column of stationary
fluid is given by

dP = ρg dz, (2)

where ρ is the local fluid density, and g is the gravitational ac-
celeration. The vertical fluid-pressure gradient, ρg, is known
as the hydrostatic fluid-pressure gradient. For vertical flow,
Darcy’s Law has the form:

Q/At = (k/µ)(dP/dz – ρg), (3)

where dP/dz is the vertical component of the fluid-pressure
gradient. Accordingly, where dP/dz is suprahydrostatic (i.e.,
dP/dz > ρg), upward flow occurs, whereas for subhydrostatic
vertical fluid-pressure gradients (dP/dz < ρg), downward flow
occurs in a fluid of uniform density.

For general flow, Darcy’s Law has the form:

Q/At = (k/µ)[∂(P – ρgz)/∂x], (4)

where ∂(P – ρgz)/∂x is the hydraulic gradient for flow along
the path x (Manning and Ingebritsen, 1999).

In near-lithostatic pressured regimes the vertical lithostatic
driving fluid-pressure gradient is approximately19 kPa·m–1.
Higher gradients may develop where upward migration of
fluids is impeded by low-permeability domains (“seals”).

For general pressure-driven flow in rocks with isotropic
permeability, flow is parallel to the nonhydrostatic compo-
nent of the fluid-pressure gradient. Permeability anisotropy
may result in flow that is not parallel to the driving pressure
gradient. For example, fluid is likely to flow along a high-
permeability pathway (e.g., dilational jog in a fault or litho-
logical contact) even if the pathway is oblique to the driving
pressure gradient.

Buoyancy-driven flow: For fluids of nonuniform density,
the ρg term in equation (3) also provides the driving force for
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buoyancy-driven effects associated with spatial variations in
fluid density in a porous medium. Fluid density is strongly
dependent on pressure and temperature, as well as salinity.
For typical crustal geothermal gradients, the rate of decrease
of density of aqueous fluids, due to increase in temperature
with depth, is greater than the rate of increase in density due
to increasing pressure. Accordingly, aqueous fluids typically
decrease in density with depth in the crust, which promotes
thermal buoyancy-driven flow in permeable fluid-saturated
rocks.

The change of fluid density as a function of pressure (P)
and temperature (T) is given by 

ρ(T,P) = ρ0 + (dρ/dT)P∆T + (dρ/dP)T∆P, (5)

and (dρ/dP)T = ρ0β, (dρ/dT)P = -ρ0α, where β is the isother-
mal compressibility of the fluid, α is the isobaric coefficient of
thermal expansion, ρ0 is the fluid density at a reference pres-
sure and temperature, and ∆P and ∆T are departures from
the reference pressure and temperature, respectively (Spear,
1995). In this case, Darcy’s Law has the form:

Q/At = – (k/µ)[dP/dz – (ρ0g – ρ0αg∆T + ρ0βg∆P)]. (6) 

Where there is no pressure-driven component to the flow,
Darcy’s Law reduces to

Q/At = – (k/µ)[ρ0g – ρ0αg∆T + ρ0βg∆P] (7) 

and the terms in square brackets represent the buoyancy-in-
duced pressure gradient that drives flow. 

At midcrustal depths, the buoyancy-induced driving forces
are less than 1 kPa·m–1 or about 5 percent of the pressure-in-
duced driving force in a system under lithostatic pressure. In
overpressured hydrothermal systems, pressure-driven hy-
draulic gradients therefore are likely to be substantially
higher than thermally induced driving forces. Accordingly,
buoyancy-driven flow tends to be significant mainly in near-
hydrostatic fluid-pressure regimes. However, buoyancy-dri-
ven flow can also occur in overpressured regimes but only in
vertically very restricted fluid compartments where the local
vertical fluid-pressure gradients have near-hydrostatic values
(Etheridge et al., 1983).

Buoyancy-controlled flow drives convective flow systems
that are generated either by thermally driven buoyancy dif-
ferences or by chemically driven density variations, such as
due to horizontal or vertical variations in fluid salinity. Slop-
ing isotherms are particularly important in generating buoy-
ancy-driven flows. Accordingly, convective flow regimes can
be important around intrusive systems (e.g., Norton and
Knight, 1977). Thermal perturbations associated with faulting
also have potential to establish sloping isotherms and convec-
tive hydrothermal systems (e.g., Matthai et al., 2004).

Turcotte and Schubert (1982) discussed the conditions
under which thermal convection of aqueous fluids will occur
in a porous medium. The minimum vertical thermal gradient
necessary to drive convection of fluid is given by 

dT/dz = 4.2 × 10–10/kb2, (8)

where k is permeability and b is the length scale for convec-
tive flow. For temperature gradients greater than 20°C km–1,
and for reasonable values of the thermal expansion coefficient
of aqueous fluids, porous medium convection is predicted to

occur at length scales greater than several kilometers when
permeabilities are greater than about 10–15 m2.

Darcy’s Law highlights how the geometry of fluid migration
in the Earth’s crust is influenced most strongly by spatial and
temporal variations in (1) rock permeability, (2) gradients in
fluid pressure, (3) fluid viscosity, and (4) fluid density varia-
tions. Because natural rocks have permeabilities that range
over more than ten orders of magnitude (Brace, 1980; Man-
ning and Ingebritsen, 1999), the permeability architecture of
a rock mass is usually the dominant factor controlling fluid
flux in most crustal-scale hydrothermal systems. 

Viscosity of typical hydrothermal fluids ranges over about
one order of magnitude (40–400 µPa·s), decreasing with in-
creasing temperature and decreasing pressure (Dudziak and
Frank, 1966). Variations in viscosity therefore generally have
much less impact on flow than variations in permeability.
Similarly, although hydraulic gradients influence directions of
flow in hydrothermal systems, the magnitude of these gradi-
ents is governed mainly by permeability variations along path-
ways, and by fluid-pressure states in reservoirs at the up-
stream and downstream ends of the system. We will see later
that there can be strong feedbacks between fluid pressures,
deformation processes, the evolution of permeability, and dri-
ving fluid-pressure gradients.

Generation of hydraulic gradients: The hydraulic gradients
that govern pressure-driven fluid flow are generated in a
number of ways. At shallow depths in the crust (typically less
than several kilometers), topographic effects can cause
marked lateral variations in fluid pressures which drive flow
(Forster and Smith, 1990). Progressive changes in pore vol-
ume in deforming rocks can also drive fluid flow in deform-
ing rock masses. For example, compaction of sedimentary se-
quences can be a powerful driver of flow during burial of
sedimentary basins (Person et al., 1996). Dilatancy associated
with crack growth and closure during inelastic deformation
may generate complex hydraulic gradients during folding or
shearing of rock masses (Ord and Oliver, 1997; Oliver 2001).
However, the resulting fluid-pressure gradients will tend to
be small for deformation at the low strain rates typical of bulk
crustal deformation. The impact on fluid fluxes will be corre-
spondingly small.

Changes in pore volumes associated with elastic deforma-
tion of intergranular pores or cracks generate transitory hy-
draulic gradients. Such “poroelastic” effects can be significant
around active fault zones where substantial stress changes
occur during the seismic cycle (Muir-Wood and King, 1993).
Flow driven by poroelasticity is likely to be most prevalent
where large changes in normal stress occur around areas with
a high density of high aspect ratio fractures, as in the shallow
crust.

At elevated temperatures in the crust (typically greater than
approximately 250ºC), hydraulic gradients are most strongly
controlled by inelastic deformation processes and reactions
that drive closure or hydrothermal sealing of pores and frac-
tures. Porosity reduction drives pore fluid pressures toward
lithostatic pressures and generates at least transiently
suprahydrostatic vertical fluid-pressure gradients where flu-
ids are present (Etheridge et al., 1984). Such fluid overpres-
sures provide a strong upward driving force for fluid migra-
tion, especially when permeable pathways can be generated

COUPLING IN ORE-PRODUCING HYDROTHERMAL SYSTEMS 45

0361-0128/98/000/000-00 $6.00 45



and sustained (Fig. 4). However, the maintenance of over-
pressures is dependent on the relative rates of change of
porosity, permeability, and rate of fluid escape (Nur and
Walder, 1990). Rates of fluid production, for example, due to
metamorphic devolatilization or release of magmatic-sourced
hydrothermal fluids also play a fundamental role in control-
ling the evolution of pore fluid pressures and hydraulic gradi-
ents (Nur and Walder, 1990; Fournier, 1999). 

Fluid overpressuring is commonly observed deep in sedi-
mentary basins (Hunt, 1990; Powley, 1990; Bjorlykke, 1997)
where fluid pressurization is driven by both compaction and
low-temperature dehydration reactions, and vertical fluid es-
cape is inhibited by low-permeability rock units. Overpres-
sured reservoirs may also have low-permeability sidewalls
such as sealed fault zones (Knipe et al., 1998). In some hy-
drocarbon systems, vertically stacked sequences of pressur-
ized compartments are recognized (Cathles and Adams,
2005). In the deep crust, similar fluid-pressure compartmen-
talization is also likely (Cox et al., 1991) but with the low-per-
meability boundaries of compartments being governed by
competition between pore-opening and -closure processes,
rather than by intrinsically low-permeability stratigraphy (Fig.
4). Compartments are likely to be transitory or migratory fea-
tures in the deep crust.

Changes in rock permeability, such as occur during sudden,
coseismic rupture along active faults, generate marked hy-
draulic gradients around faults by providing “short-circuit”
pathways between fluid reservoirs with different pore pres-
sures (Fig. 5a). This is discussed further below. Where verti-
cal fluid-pressure gradients are less than hydrostatic values,
local downflow may occur. This situation can arise, for exam-
ple, where dilation associated with coseismic slip on faults
causes local, sudden fluid-pressure decreases and generates
transiently subhydrostatic vertical fluid-pressure gradients
(Fig. 5b). 

Evolution of intergranular permeability in 
isostatic stress regimes

Grain-scale porosity usually comprises both intergranular
and fracture porosity. Permeability associated with intergran-
ular porosity is influenced by total porosity, pore diameters
and shapes, diameters of pore throats between large pores,
and extent of connectivity between pores. For porosity
greater than about 6 to 10 percent pores are generally fully in-
terconnected and porosity is related to permeability by 

k ∝ Φn, (9)

where n is approximately 3. In this regime, permeability de-
crease with decreasing porosity is controlled by pore shrink-
age. During compaction to lower porosities, progressive loss
of connectivity between pores occurs by closure of narrow
throats between the larger intergranular pores. Pores that
form part of a connected network are known as the back-
bone porosity. Because all flow is localized along the back-
bone pore network, the backbone porosity controls perme-
ability. The remaining porosity comprises two elements:
isolated pores, which do not connect with the backbone
porosity, even though they may form localized clusters of
pores that are connected to each other; and dangling, or
dead-end pores, which connect to the backbone porosity
from one side only. Although they are part of the intercon-
nected porosity and contain pore fluid, they do not con-
tribute to the flow. At low porosities, permeability changes
are directly related to progressive changes in the relative
proportions of backbone, dangling, and isolated pores, as
well as the total porosity of a rock.

In high-temperature isostatic stress regimes (i.e., all princi-
pal stresses equal), the relative proportions of backbone,
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FIG. 4.  a. Division of the crust into a shallow-level, near-hydrostatic fluid-
pressure regime and a deeper, overpressured (suprahydrostatic) regime. The
transition from the near-hydrostatic regime to suprahydrostatic regimes typ-
ically occurs at depths between 5 and 15 km. b. Compartmentalization of
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meability is high enough. Suprahydrostatic fluid-pressure gradients across
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develop immediately underneath seals.



dangling, and isolated pores are controlled principally by total
porosity and interfacial surface energy effects between min-
erals and pore fluids. Pores can occur at two-grain interfaces,
along three-grain edges, and at grain corners (Fig. 6). For di-
hedral wetting angles (θ) >60°, pores at two-grain interfaces
tend to form isolated pockets. At low porosity, grain-edge
channels pinch off to form discontinuous beads along grain
edges, and pores at grain corners tend to be isolated (Fig. 6c).
In contrast, at dihedral wetting angles ≤60°, connectivity be-
tween pores at grain corners may be provided to low porosi-
ties by continuous channels along grain edges (Fig. 6b). For θ
>0°, the equilibrium fluid distribution on two-grain interfaces
takes the form of disconnected bubbles. Only in the extreme
case of θ = 0° can a continuous fluid film exist stably on two-
grain interfaces. 

The evolution of permeability with decreasing porosity at
elevated temperatures, where surface energy effects control
pore geometry, is illustrated schematically in Figure 7. The
porosity-permeability relationship approximately follows the
cube law (i.e., n = 3 in eq. 9) for porosities down to a thresh-
old porosity (Φt) where full connectivity between pores starts
to be lost. Below this porosity, permeability is much more
strongly dependent on total porosity. At a critical porosity (Φc)

pores completely lose connectivity; this is termed the perco-
lation threshold. Below Φt, permeability tends to obey the
scaling law (Knackstedt and Cox, 1995):

k ∝ (Φ – Φc)2. (10)

Experimental studies of interfacial wetting angles indicate
that for a number of common mineral-fluid systems, dihedral
wetting angles are typically greater than 60° (Holness, 1997).
In this case, pore connectivity is lost at porosities of several
percent. Accordingly, many very low porosity metamorphic
fluid-rock systems are expected to be below the percolation
threshold and therefore impermeable, unless deformation
processes generate fracture networks. 

Grain-scale fracture permeability

In the absence of intergranular permeability, the evolution
of permeability during progressive deformation is controlled
by competition between deformation-induced porosity-cre-
ation processes (fracture growth) and porosity-destruction
processes (compaction, crack-healing, crack-sealing). Various
experimental studies (Fischer and Paterson, 1992; Zhang et
al., 1994b; Peach and Spiers, 1996) demonstrate that even
small amounts of deformation can increase permeability by
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FIG. 5.  a. Illustration of changes in absolute fluid pressures and fluid-pressure gradients across a low-permeability barrier

between two fluid reservoirs. In this example, the upper reservoir is hydrostatically pressured and the lower reservoir is
suprahydrostatically pressured. The initial depth dependence of fluid pressure is given at time t1. Maximum pore-fluid fac-
tor (λvmax) occurs at base of low-permeability domain (λvmax = (σ3 + T)/σv, where σ3 is the minimum principal stress, T is the
rock tensile strength, and σv is the vertical stress). Rupture of the sealed barrier, e.g., by fault AB (see inset), increases per-
meability across the barrier. The suprahydrostatic fluid-pressure gradient drives rapid upward leakage of fluids from the
lower reservoir into the upper reservoir and fluid pressures change with time (e.g., dashed line at time t2). b. Change in fluid
pressure with depth as a function of time along a dilatant fault zone AB (see inset), which cuts through a low-permeability
seal separating two differently pressured fluid reservoirs. The seal may be either a low-permeability domain in the crust, or
a low-permeability hydrothermally sealed part of the fault zone. At time t1, just prior to seal breaching, an overall suprahy-
drostatic vertical fluid-pressure gradient between B and A drives upward fluid leakage through the low-permeability zone.
If substantial dilation of the fault occurs during rupture at time t2 (e.g., by coseismic dilation of jogs or dilation in a heavily
fractured lateral damage zone), a transitory fluid-pressure drop occurs in that zone. Overall fluid-pressure gradients may then
be transiently subhydrostatic between the dilation zone and the hydrostatically pressured regime above the ruptured seal and
result in fluid drawdown, as well as fluid influx from the sidewalls of the dilatant zone. Fluid flow direction is indicated by
arrows.



several orders of magnitude, particularly in high pore-fluid
factor regimes. In the presence of nonreactive pore fluids,
permeability during straining of initially low-permeability
rocks evolves through four stages (Fig. 8). In the initial stage
of deformation, microcracks start to nucleate and grow, but,
because all cracks are isolated from each other, permeability
does not change. With increasing strain, the number of

microcracks, their lengths, and connectivity progressively in-
crease and drive the system to the percolation threshold (εcrit,
stage 2). In room temperature experiments on Carrara mar-
ble at a pore-fluid factor of 0.9, the percolation threshold is
reached at strains less than 3 percent (Zhang et al., 1994b).
With increasing strain, rapid growth of grain-scale crack net-
works leads to rapid growth in connectivity (stage 3). For Car-
rara marble at λv = 0.9, a permeability increase of two orders
of magnitude occurs by 3 percent shortening. Nearly total in-
terconnectivity is achieved in the grain-scale microfracture
network by 5 percent shortening, after which the rate of
increase in permeability with increasing strain decreases. Fur-
ther modest increases in permeability after this point (stage 4)
are interpreted to reflect increases in fracture apertures,
rather than increased connectivity or number of fractures.
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face energy minimization. a. Cross section through a grain-edge channel. Di-
hedral wetting angle, θ, is indicated. b. For dihedral wetting angles ≤60°,
fluid forms isolated pockets on two-grain interfaces, and fluid channels along
three-grain edges may connect fluid pockets at four-grain corners. c. For di-
hedral wetting angles >60°, fluid on two-grain interfaces, three-grain edges,
and four-grain corners occurs as isolated pockets (after Watson and Brenan,
1987).
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At elevated temperature in the midcrust, most strain is
accommodated by microscopically ductile deformation
mechanisms such as dislocation flow and dissolution-precip-
itation creep. However, deformation-induced permeability
enhancement due to microcrack growth persists well into
the dominantly crystal plastic deformation regime, provided
pore fluid factors are high (Fischer and Paterson, 1992;
Zhang et al., 1994b). As temperature increases, crack
growth rates reduce, and the critical strain required for the
development of a well-connected, high-permeability crack
network increases. Similarly, the rate of permeability en-
hancement at high pore-fluid factors is higher than during
deformation at low pore-fluid factors (Fig. 9a). Pore–fluid-
pressure stepping experiments at constant strain (Fischer
and Paterson, 1992) also indicate that rapid increases in
pore-fluid factor during deformation can rapidly enhance
permeability (Fig. 9b). In polymineralic rocks, grain-to-
grain strain incompatibilities during deformation are ex-
pected to further enhance growth of intergranular crack
networks and associated permeability enhancement.

A significant result of the experimental work is that mi-
crofracture networks develop high crack connectivity and
high permeability at very low strains, provided pore fluid
factors are high, even in regimes that favor macroscopically

ductile deformation. Accordingly, low-strain deformation can
have a major impact on crustal permeability enhancement. 

Evidence for grain-scale dilatancy and related permeabil-
ity enhancement being associated with natural deformation
is commonly well preserved in low-grade metamorphic en-
vironments where deformation-related microfabrics are not
overprinted by progressive recrystallization of mineral
assemblages. For example, Cox and Etheridge (1989) de-
scribed grain-scale intergranular and intragranular micro-
fractures filled by fibrous to equigranular mineral precipi-
tates. Similar grain-scale dilatancy is widespread in shear
zones formed in low greenschist-facies environments (e.g.,
Guermani and Pennachioni, 1998). The importance of duc-
tile shear zones as sites of enhanced permeability and fluid
flow is supported by isotopic and petrologic studies (e.g.,
Kerrich et al., 1977; Dipple and Ferry, 1992b; McCaig,
1997; Streit and Cox, 1998).

Stress control on the orientations of grain-scale microcracks
can lead to permeability anisotropy in deforming rocks (Fig.
10). For example, during approximately coaxial plane strain,
microfractures form at high angles to the direction of maxi-
mum stretch and will have best connectivity in a direction
parallel to the intermediate strain axis (Fig. 10b). For approx-
imately simple shear deformation, the permeability anisotropy
will be parallel to the foliation in a direction perpendicular to
the stretching lineation; this is also the Y-axis of the finite
strain ellipsoid (Fig. 10c).
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FIG. 9.  a. Dependence of permeability on pore-fluid factor (ratio of pore
fluid pressure Pf to confining pressure Pc) at a strain of 10% shortening dur-
ing room temperature deformation at constant pore-fluid factor. Modified
after Zhang et al. (1994b). b. Change of permeability at constant strain when
fluid pressure is increased. Modified after Fischer and Paterson (1992).
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Anisotropy of permeability during approximately simple
shear deformation has been experimentally studied by Zhang
et al. (1999). Permeability anisotropies up to one and a half
orders of magnitude develop in quartz-feldspar-mica aggre-
gates at room temperatures. More substantial anisotropy is
expected at elevated temperatures in conjunction with folia-
tion development.

Competition between grain-scale crack production 
and crack healing and/or sealing processes

At elevated temperatures in hydrothermal systems, poros-
ity-destruction processes, such as intergranular cementation,
compaction, and both healing and sealing of fractures, drive
permeability reduction. Permeability evolution is therefore
controlled by competition between deformation-induced
porosity-creation processes and various porosity-destruction
processes.

At conditions typical of mid- to deep crustal environments,
microstructural and experimental evidence indicates that
high-permeability microcrack pathways are healed on geolog-
ically short time scales (Brantley et al., 1990). Accordingly,
deformation is crucial to sustain high permeability during the
operation of a hydrothermal system.

Quantitative insights about how permeability destruction
processes influence permeability evolution in deforming
rocks are provided by the crack healing experiments of Zhang
et al. (2001). In this study, marble was experimentally de-
formed and subsequently heat treated isostatically at effective
confining pressures between 50 and 150 MPa at tempera-
tures up to 700°C in the presence of nonreactive argon pore
fluid. Both connected porosity and permeability progressively
decrease with time as cracks heal and lose connectivity (Fig.
11). During crack healing, permeability is proportional to the
cube of connected porosity.

Similarly, compaction and pore sealing in gouges and brec-
cias in fault zones rapidly destroy pore connectivity produced
by slip events (Angevine et al., 1982; Cox and Paterson 1991;
Kanagawa et al., 2000; Tenthorey et al., 2003), such that fault
zones lose grain-scale permeability during interseismic inter-
vals if reactive pore fluid is present. Little is known about

rates of crack sealing (i.e., fracture closure due to mineral
precipitation) in fault zones, but the process will be strongly
influenced by levels of mineral supersaturation, flow rates,
and temperatures (Streit and Cox, 2000; Hilgers et al., 2004).
Observed rates of sealing in geothermal systems indicate that
microfractures probably have very short lifetimes relative to
the lifetimes of hydrothermal systems (e.g., Lowell et al.,
1993). In summary, for flow to continue, high rates of perme-
ability destruction in hydrothermal systems require continu-
ous regeneration of permeability by deformation processes.

Reaction-enhanced permeability

Transitory porosity enhancement is associated with volume
changes during metamorphic reactions at elevated tempera-
tures and pressures (Rumble et al., 1982; Ferry, 1994; Zhang
et al., 2000; Tenthorey and Cox, 2003). Reaction-enhanced
porosity change can be important in controlling grain-scale
fluid infiltration in regional metamorphic environments (es-
pecially at the upstream end of crustal-scale hydrothermal
systems). It may also be significant at the downstream part of
hydrothermal systems, for example, in skarn environments
and in zones of pervasive hydrothermal alteration associated
with fluid discharge from fracture-controlled fluid pathways
into intrinsically low-permeability wall rocks. 

Devolatilization reactions are particularly important in dri-
ving reaction-enhanced permeability. Most such reactions in-
volve overall decrease in the volume of the solid reaction
products relative to the reactants, and pore space is tran-
siently generated during fluid production. For example, dur-
ing dehydration of fully dense serpentinite, breakdown of
antigorite to olivine + talc + H2O is associated with rapid per-
meability increase by three to four orders of magnitude (Fig.
12; Tenthorey and Cox, 2003). A further example of perme-
ability enhancement during devolatilization is provided by the
reaction

quartz + calcite = wollastonite + CO2. (11)

Zhang et al. (2000) demonstrated that at a confining pres-
sure of 200MPa and pore water pressure of 175 MPa (λv =
0.88), the reaction proceeds to completion on time scales
of less than 40 h at temperatures between 650º and 700ºC.
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FIG. 11.  Evolution of permeability in cracked Carrara marble during
isothermal crack healing at 600º and 700ºC, 300MPa confining pressure, and
250 MPa pore-fluid pressure. After Zhang et al. (2001).
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Permeabilities as high as 10–16.5 m2 were maintained during
incomplete decarbonation reaction at 600°C. However, at
700ºC permeability reduced from 10–16.5 m2 to 10–19 m2 as the
reaction proceeded toward completion. In contrast, at a pore-
fluid factor of 0.5, rapid compaction of the reactants and re-
action products was stimulated by the high effective confining
pressure and reduced the permeability to less than 10–19 m2.
This inhibited H2O infiltration and severely limited reaction
progress. Accordingly, at low pore-fluid factors, reaction can
be shut down if the rate of permeability creation due to the
devolatilization reaction is exceeded by the rate of permeabil-
ity destruction due to pressure-driven compaction of pore
spaces. Pore-fluid factors thus play a key role in controlling
reaction progress and permeability evolution during meta-
morphic reactions. Reaction-enhanced permeability during
devolatilization reactions is expected to provide an important
mechanism by which deep-seated fluids become mobile dur-
ing crustal metamorphism (Ferry, 1994).

Macroscopic fracture-controlled permeability

Failure modes: Fluid transport is governed by the develop-
ment of macroscopic fracture networks, as well as by grain-
scale permeability. Three types of fractures are important in
controlling macrocopic fracture permeability; these are ex-
tension fractures, shear fractures (or faults), and hybrid ex-
tensional shear fractures (Fig. 13). Extension fractures de-
velop at scales ranging from microscopic to macroscopic
(greater than tens of meters long), whereas low-displacement
shear failures, typical of faults which host lode gold deposits,
can extend for up to thousands of meters. The fractures can
be hydraulically linked to much larger, crustal-scale faults and
their associated fracture arrays, which together comprise a
flow network that has a high permeability when faulting is ac-
tive. High-permeability rupture zones generated by large
earthquakes are tens to hundreds of kilometers long and tens
of kilometers deep (Sibson, 2001). Importantly, macroscopic
fracture systems can develop not only in the brittle upper
crust (typically depths less than 10–15 km) but also in the
more ductile deeper crust, provided pore-fluid factors are
high enough.

Pure extension fractures form perpendicular to the mini-
mum principal stress (σ3) and open perpendicular to the frac-
ture wall (Fig. 13a). In intact, isotropic rock, shear fractures
typically form at angles between 25° and 35° to the orienta-
tion of the maximum principal stress (σ1); the fault plane con-
tains the orientation of the intermediate stress (σ2) (Fig. 13b).
Two conjugate sets of shear fractures can form in isotropic
rocks and produce a meshlike permeable network. Where
developed, their intersection is subparallel to σ2. Hybrid ex-
tensional shear fractures have components of displacement
both parallel, and perpendicular, to the fracture plane. They
form at angles between 0° and approximately 25° to the σ1 di-
rection (Fig. 13c).

Stress- and fluid-pressure–driven failure: Changes in both
fluid pressure and stress states can drive macroscopic fracture
growth and permeability enhancement in hydrothermal sys-
tems. Pure extension failure occurs only at relatively small
stress differences, typically less than approximately 4T, where
T is the tensile strength of the rock. For 4T <(σ1–σ3) <5.7T,
failure occurs in extensional shear mode. Shear failure occurs

at stress differences greater than approximately 5.7T. Because
rock tensile strengths are typically less (sometimes substan-
tially less) than about 10 MPa, the occurrence of pure exten-
sion veins in hydrothermal systems indicates stress differences
less than 40 MPa during vein opening (Etheridge, 1983). 

The combined role of changes in stresses and/or fluid-pres-
sure states can be illustrated using failure mode diagrams that
plot failure envelopes as a function of pore-fluid factor and
stress difference (σ1–σ3). For example, in Figure 14, the pore-
fluid factors and stress differences leading to failure in exten-
sional, extensional shear, and shear modes are plotted for a
thrust regime at a depth of 12 km. From some ambient stress
and fluid-pressure states, failure can be induced either by in-
creasing the pore-fluid factor along trajectories such as x,
without changing the absolute stress state (an example of
purely fluid-driven failure), or by maintaining a constant
pore-fluid factor and increasing the stress difference (e.g.,
trajectory z), or some combination of both stress and fluid-
pressure increase (e.g., trajectory y).
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variable T in the figure refers to the tensile strength of the rock.



At low stress differences, macroscopic extension failure re-
quires an increase in pore-fluid factor at rates more rapid
than increase in stress difference. This type of fluid-driven ex-
tension fracturing is known as hydraulic extension fracture.
The only mechanism by which hydraulic extension fractures
can form at depth is if

Pf = σ3 + T. (12)

This relationship is known as the hydraulic fracture criterion.
The abundance of mineral-filled extension fractures in many
epigenetic ore deposits indicates that fluid pressures greater
than σ3 are common in hydrothermal systems. The opening of
hydraulic extension fractures limits the maximum fluid pres-
sures that may develop in hydrothermal systems.

Higher rates of increase of stress difference relative to in-
crease in pore-fluid factor lead to permeability enhancement
by brittle shear failure (trajectory y, Fig. 14). At elevated tem-
peratures, as stress difference increases, ductile creep at in-
creasing strain rates may precede brittle shear failure (trajec-
tory z, Fig. 14).

A significant aspect of fluid-driven fracturing is that, even
without changes in the stresses acting on a previously non-
deforming rock medium, infiltration of high-pressure fluids
can drive the growth of fractures. The orientations of these
fractures are controlled by the orientation of the principal
stresses, magnitudes of the stress differences, and geome-
try of any preexisting mechanical anisotropies in the rock
mass (Cox et al., 2001). The stress and fluid-pressure states
required for fracture generation as a function of depth in

contractional, extensional, and strike-slip settings are dis-
cussed by Sibson (2001).

Permeability of fracture networks: For steady-state, laminar
flow in a parallel-sided fracture, the effective permeability is
given by

k = a2/12, (13)

where a is the fracture aperture. In reality, relationships be-
tween fracture apertures and flow rates are more complicated
because fracture roughness leads to aperture changes along
fractures; consequently flow paths through irregular fractures
are tortuous (Witherspoon et al., 1980; Taylor et al., 1999).
However, the equation (13) relationship highlights the critical
role of fracture aperture in controlling fluid flux. If the aper-
ture is doubled, the permeability increases by a factor of 4.
Accordingly, dilatant sites on fault surfaces (e.g., bends, jogs,
or other irregularities) where aperture is higher than else-
where in the structure will localize flow to those sites.

For networks of randomly distributed fractures that are not
fully interconnected, bulk permeability is given by 

k = (π/120)⋅ f a3r2/l3, (14)

where a is the mean fracture aperture, r is the mean fracture
length, l is the mean fracture spacing, and connectivity f is 0
≤f ≤1 (Guéguen and Dienes, 1989). Although fracture orien-
tations are seldom random, this relationship provides insights
about magnitudes of fracture-controlled permeability in hy-
drothermal systems. For example, for fracture apertures of
100 µm, mean length of 4 m, mean separation of 5 m, and
connectivity of only 0.1, macroscopic permeability is pre-
dicted to be 3 × 10–16 m2.

Permeability in cracked materials is very sensitive to
changes in both stress state and fluid pressure (e.g., Brace et
al, 1968). For a fluid-filled fracture at fluid pressure Pf

with normal stress, σn, acting perpendicular to the fracture,
the effective normal stress, σn', is defined as the difference
between σn and Pf. A simple approximation for the depen-
dence of permeability on effective normal stress is provided
by the relationship

k = k0exp(–σn'/σ0), (15)

where k0 is permeability at zero effective stress, and σ0 is a
constant (Rice, 1992). Accordingly, decreases in normal stress
and increases in fluid pressure in fractured rocks can be key
factors driving episodes of permeability enhancement.

In summary, for flow in fracture-controlled hydrothermal
systems, the highest flux will occur where and when (1) frac-
ture apertures are highest, (2) fracture density is highest, and
(3) fracture connectivity is highest. These three factors pro-
vide fundamental controls on the localization of fluid flow in
hydrothermal ore systems. Additionally, fracture growth is
maximized where pore-fluid factors are highest. Although
fracture networks can be highly dilatant, their formation gen-
erally involves very low strain. Accordingly, major permeabil-
ity enhancement by macroscopic fracturing does not require
high strains.

As is the case for grain-scale fracture-controlled permeabil-
ity, the permeability of macroscopic fracture networks is con-
trolled by competition between crack growth and crack clo-
sure processes. At elevated temperatures, mineral deposition
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FIG. 14.  Failure-mode diagram illustrating brittle and plastic failure en-
velopes as a function of pore-fluid factor and stress difference. The diagram
is constructed for optimally oriented reverse faulting at a depth of 12 km in
rock with a cohesive strength of 10 MPa, tensile strength of 5 MPa, and fric-
tion coefficient of 0.75. The failure envelope is indicated by the curve
ABCDE. Hydraulic extension failure occurs in the interval AB; extensional
shear occurs between B and C; brittle shear failure occurs between C and D.
Strain-rate–dependent ductile shear failure envelopes are shown qualita-
tively for various strainrates (ε1 < ε2 < ε3 < ε4). At a high rate of increase of
pore-fluid factor relative to stress change (path x), failure may first occur by
extension fracture, followed by extensional shear failure at B, then by shear
failure at C. For increase in both pore-fluid factor and stress difference along
path y, brittle shear failure is induced. For rapid increase in shear stress rel-
ative to the rate of increase of pore-fluid factor (path z), failure may first
occur by ductile creep at increasing strain rates, until brittle shear failure oc-
curs at D. 



rates typically compete with fracture dilation to rapidly de-
stroy fracture permeability. For example, in hydrothermal up-
flow zones, millimeter-wide fractures have been modeled as
being sealed by quartz precipitation on time scales of decades
at 300°C (Lowell et al., 1993). Consequently, in deforming
hydrothermal environments, fracture apertures and connec-
tivities will be dynamically evolving parameters, with perme-
ability being dependent on rates of fluid- and stress-driven
fracture growth and on rates of crack sealing.

Steady-state permeability versus episodic permeability 
enhancement during crustal deformation

As permeability in high-temperature hydrothermal regimes
is governed by competition between growth of grain-scale to
macroscopic crack networks and thermally or fluid-activated
crack closure processes, the time dependence of permeability
will be sensitive to styles of deformation and fluid-pressure
history.

In the seismogenic regime, typically in the upper 10 to 15
km of the continental crust, slip tends to occur episodically
within faults for periods up to several tens of seconds. During
the interseismic periods in this regime, there is little or no de-
formation. Coseismic slip rapidly generates high permeabili-
ties in fault damage zones, whereas interseismic periods will
be dominated by pore collapse, crack closure, and permeabil-
ity reduction (Fig. 15). Flow therefore will tend to be episodic
in the seismogenic regime but more continuous in the
deeper, aseismic parts of the crust (Cox, 1999).

Evolution of Fluid Pathways during 
Progressive Deformation 

General aspects related to growth of percolation networks

We have seen that fluid migration at depth in the crust can
involve flow through pervasive, grain-scale pores, as well as
being localized along macroscopic fracture systems. In many
situations this dual porosity is likely to be important. Short-
range flow and intense fluid-rock reaction involve pervasive
flow at the grain scale. Flow on this scale is important for
sourcing metals in the upstream parts of hydrothermal sys-
tems. It is also critical for chemical fluid-rock interaction at
ore deposition sites. In the mid- to deep crust, modest grain-
scale permeability severely limits length scales for pervasive
flow. Effective extraction of fluid from grain-scale pathways
and transport on length scales greater than tens of meters is
much more effective via macroscopic, fracture-controlled
permeability. Enhanced, structurally controlled permeability
is typically related to features such as faults, shear zones, as-
sociated damage zones, and other fracture networks whose
distribution is related to folding and actively deforming litho-
logic contacts across which there is competence contrast. In
many metamorphic settings, there is evidence for fracture-
controlled fluid pathways being separated typically by dis-
tances less than approximately 1,000 m (Cox et al., 1987;
Ferry and Gerdes, 1998; Oliver, 2001).

The significance of active faults, shear zones, and other
fracture networks in controlling fluid migration is illustrated
by analytic solutions and numerical modeling studies of flow
patterns around high-permeability zones embedded in a less
permeable matrix (Phillips, 1991; Matthai and Roberts, 1997;
Taylor et al., 1999; Braun et al., 2003). For permeable struc-
tures inclined at low angles to the regional gradient in hy-
draulic head, fluid focusing occurs around the higher pres-
sure (upstream) parts of fracture networks, whereas fluid
discharge occurs in the lower pressure (downstream) parts of
fracture networks (Fig. 16). The dimensions of potential
fluid-charge regions are comparable to the dimensions of the
high-permeability segments of faults and shear zones. High-
permeability pathways inclined at high angles to the regional
hydraulic gradient are much less effective at focussing fluid
flow.

Fracture- and/or shear-controlled hydrothermal systems
develop where and when linked permeable structures de-
velop sufficient connectivity to create networks that link fluid
source rocks, fluid reservoirs, and ore deposition sites. Perco-
lation theory (Sahimi, 1994) provides useful insights about
the evolution of hydraulic connectivity and partitioning of
flow among elements of a network of permeable structures in
an otherwise low-permeability medium (Guéguen et al.,
1991; Berkowitz, 1995; Cox et al., 2001).

As for grain-scale pore networks, macroscopic percolation
networks (comprising faults, fractures, and shear zones) can
be described in terms of three types of elements: backbone,
dangling, and isolated elements. Backbone elements provide
a direct connection from one side of the system to the other
(e.g., metal-source reservoir to ore deposit) and carry the bulk
of the fluid flux. Dangling elements branch from the flow
backbone and act as fluid feeders to the backbone in the up-
stream part of the system or as distributary or discharge
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structures in the downstream part of the system. Isolated el-
ements are disconnected from both the backbone and dan-
gling elements in the network and are therefore low-flux
structures not connected to fluid reservoirs. Two end-mem-
ber scenarios for growth of percolation networks are recog-
nized; these are ordinary percolation and invasion percolation
(Sahimi, 1994).

Ordinary percolation

The growth of fracture-controlled flow networks occurs by
ordinary percolation when fracture growth is controlled
largely by stress states. In this case fractures nucleate and
grow in approximately random locations throughout a de-
forming, uniform rock mass (Fig. 17a). At very low bulk
crustal strains most of the faults or shears in a deforming do-
main will be short, isolated structures. With increasing de-
formation, active faults and shears increase in length and sur-
face area; new structures also nucleate and grow such that
fracture connectivity increases with strain. At the percolation
threshold, enough fractures connect to allow a sudden onset
of flow across the fracture system. The point at which the
percolation threshold is reached is dependent on several fac-
tors, including strain accommodated by growth of permeable
faults, fractures, and shear zones. Fracture geometries and
relative rates of fracture growth and nucleation are also

important (Zhang and Sanderson, 1994; An and Sammis,
1996; Odling, 1997).

Partitioning of flow among elements of a fracture and/or
shear network is dependent on the relative proportions of
backbone, dangling, and isolated elements (Cox et al., 2001).
Just above the percolation threshold, even though the flow
backbone is a very small fraction of the total network, most of
the flow is localized along this part of the system (Fig. 17a).
At higher strains the proportion of elements that are part of
the backbone progressively increases, so that flow becomes
progressively more evenly distributed across the system as
more faults, fractures, or shears become connected to each
other and to fluid reservoirs and sinks.

The percolation threshold is reached when approximately
30 percent of the sites are occupied. For permeable meshes
of conjugate faults, with typical length and/or displacement
scaling relationships (Scholz, 1990), the percolation threshold
is reached at bulk strains of only a few percent (Cox et al.,
2001). 

Invasion percolation

The ordinary percolation model described above assumes
that, although elements of a percolation network nucleate
randomly, all elements grow at the same rate. If fracture sys-
tems connect to an overpressured fluid reservoir, invasion of
high-pressure fluids along fluid-accessing faults and fractures
in the network may greatly enhance their growth rates rela-
tive to elements isolated from fluid reservoirs. In this sce-
nario, formation of fluid-driven percolation networks will be
dominated by preferential growth of those parts of the net-
work that connect directly to high pore-fluid factor reservoirs.
In this case, the network is dominated by backbone and dan-
gling fractures (Fig. 17b). 

The fluid-driven growth, or “self-generation” (Sibson,
1996), of percolation networks in response to invasion of
overpressured fluid provides a positive feedback between
fluid access and fracture growth rate. This is likely to localize
repeated slip on the flow backbone that formed at the perco-
lation threshold, allowing that part of the fracture system to
repeatedly tap into fluid reservoirs. Fluid-driven growth of in-
vasion percolation networks could lead hydrothermal systems
to self-organize near the percolation threshold. 

Several points emerge from percolation modeling. First, as
the percolation threshold is reached at bulk strains of only a
few percent, fracture-controlled hydrothermal systems and
associated ore deposits can be expected to develop at very low
strains. Second, for networks just above the percolation
threshold, where the backbone is a very small proportion of
the total fracture population, flow is localized on relatively
few structures that link fluid sources and sinks. This situation
maximizes the potential for generation of giant ore deposits.
In contrast, for hydrothermal systems well above the percola-
tion threshold, fluid flow is distributed over a larger propor-
tion of the fracture population. This more dispersed flow is
likely to produce more distributed, potentially smaller min-
eral deposits.

Percolation in a seismogenic framework

The basic percolation models, described above, are partic-
ularly relevant to evolution of flow networks in the mid- to
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FIG. 16.  Finite element model simulating steady-state, pressure-driven
fluid-flow pattern in a vertical plane around a permeable fault or shear zone
embedded in a less permeable rock. A vertical lithostatic fluid-pressure gra-
dient is maintained in the medium away from the fault. Length of flow vec-
tors corresponds to flow velocity. Flow vectors within the fault are not shown.
Contours indicate departures of fluid pressure from lithostatic values. Light
areas are below lithostatic pressures, dark areas are above lithostatic. The
fault permeability is 103 times that of the surrounding host-rock matrix. Note
that flow is focussed at the upstream (lower) part of the structure, and fluid
discharge occurs around the downstream (upper) part of the structure. After
Cox et al. (2001).



deep crustal parts of actively deforming shear systems where
approximately steady-state deformation generates near
steady-state permeability. However, deformation typically mi-
grates with time through the crust, so that connectivity of the
network to reservoirs is expected to change with time. There-
fore, the locus of highest fluid flux should migrate with time.
For example, during the propagation of thrust systems the
locus of deformation typically moves toward the foreland with
time (Boyer and Elliot, 1982). Accordingly, the locus of high
fluid flux activity will also migrate toward the foreland, pro-
vided the active thrusts continue to tap into fluid reservoirs.

In the seismogenic regime, at any stage in the growth of
fault-controlled permeability networks, flow paths will be
controlled by competition between coseismic permeability
enhancement on ruptured fault segments and interseismic
fault sealing which destroys permeability. As successive rup-
ture events migrate around an active fault system, the distri-
bution of high-permeability pathways is expected to evolve in
complex ways. Additionally, rapid changes in permeability in
fault networks on time scales of seismic slip recurrence (i.e.,

approximately decades to centuries) could cause sudden
changes in the location and structure of the flow backbone. 

Self-organization of flow in fault-controlled flow networks

The mechanical evolution of linked fault systems involves
nucleation and growth of individual fault segments and de-
velopment of mechanical connectivity between segments as
total displacement increases (Ellis and Dunlap, 1988; Cowie
and Scholz, 1992; Cowie, 1998). With increasing deforma-
tion, through-going faults eventually develop and form a me-
chanical backbone in the fault system. Most displacement
subsequently localizes along the backbone faults, and they
evolve into the highest displacement faults. The mechanically
isolated and dangling faults accumulate less displacement
than the backbone faults (Cowie and Scholz, 1992).

The generation of fluid pathways in active fault systems is
closely linked to the mechanical evolution of the system.
When major slip events localize along through-going back-
bone faults, then permeability enhancement and fluid flow
will also localize along these structures and their associated
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damage zones. Accordingly, the flow network will stay near
the fluid percolation threshold. At seismogenic depths, re-
peated slip and interseismic fault sealing will repeatedly
switch fluid flow on and off (see also next section). If inter-
seismic permeability loss in the flow backbone is rapid on
time scales of rupture recurrence, then the flow system will
be driven back below the percolation threshold during inter-
seismic healing. This sort of feedback process, which causes
the flow network to oscillate about the percolation threshold,
is an example of “self-organized criticality” (Bak, 1997).

Flow Regimes in the Aseismic and 
Seismogenic Parts of the Crust

Pervasive flow in the deep crustal aseismic regime

Fluid migration from deep crustal fluid reservoirs into shal-
lower hydrothermal systems must occur within an hierarchi-
cal network of pathways in which regional hydraulic gradients
drive flow from the upstream to downstream parts of the net-
work. Initial flow must occur via transitory grain-scale pores
(e.g., during devolatilization reactions) or repeatedly regener-
ated microcrack networks in deforming, high pore fluid factor
regimes. More permeable pathways are likely to be provided
by networks of macroscopic fractures pervasively distributed
through the rock mass but not necessarily spatially associated
with faults or shear zones. These structures serve to drain flu-
ids from grain-scale porosity. Vein swarms, which may mark
such drainage pathways, are common in some metamorphic
regimes (e.g., Fisher and Brantley 1992). The vein swarms, in
turn, provide high-permeability channelways, which direct
fluid migration into the upstream parts of larger scale net-
works of active faults, shear zones, or other transiently per-
meable structures. From these, fluids are delivered to down-
stream structural levels.

In the deep, aseismic crust, flow is initiated usually by fluid
production events. Miller and Nur (2000) discussed how rise
in fluid pressure can dramatically enhance permeability. They
proposed a “toggle switch” model in which fluid-pressure
pulses self-generate permeable flow networks and propagate
fluid-pressure fronts through the crust. Other models indi-
cate that, even in the deep crust during continuous fluid pro-
duction, flow can self-organize into repeated pulses of up-
ward-migrating fluid.

Porosity waves: Connolly and Podlachikov (1998) discussed
how a fluid-pressure perturbation to an initial steady-state
flow regime can initiate surges in flow or episodic waves of
fluid-filled porosity, known as porosity waves or fluid-pres-
sure waves. Pressure waves could be particularly important in
establishing flow during mid-to deep crustal metamorphic
devolatilization episodes.

The detailed nature of porosity waves is predicted to de-
pend on whether the rock deforms by elastic or viscous
processes. Fluid flow in the viscous regions of the mid- to
lower crust can be accomplished by self-propagation of iso-
lated domains of fluid-filled porosity with transitory perme-
ability enhancement. In metamorphic environments under-
going devolatilization the fluids are expected to be
pervasively distributed within grain-scale microcrack net-
works or fracture arrays. The low-permeability carapaces
around migrating pressure waves have potential to generate

domains, immediately below the carapace, where fluid pres-
sure exceeds σ3 and permeability is greatly enhanced (Con-
nolly, 1997). Crack-seal textures in veins that are pervasively
distributed through large volumes of some metamorphic belts
(e.g., Ramsay, 1980; Fisher and Brantley, 1992) could be a
record of fluid-pressure fluctuations associated with episodic
migration of porosity waves through the midcrust.

Upward propagation of fluid-pressure pulses associated
with porosity waves provides a potential trigger for fault rup-
ture near the base of the seismogenic regime. Futhermore, if
large fault ruptures propagate down into midcrustal porosity
waves, they have potential to drain fluid from pressure waves
and generate episodic high fluid-flux events downstream in
the shallower hydrostatic regime. The fluid-flux events would
be recorded as periods of anomalous high fluid pressures.
Permeable shear zones that intersect migrating pressure
waves could similarly drain these migrating reservoirs but on
longer time scales. In this scenario, as networks of shear zones
become hydraulically connected to successive porosity waves,
they should experience repeated episodes in which high fluid
pressures, fluid fluxes, and transitory permeability enhance-
ment propagate upward through the shear-zone network.
Crack-seal microstructures in extension veins spatially associ-
ated with ductile shear zones in some cases could be a record
of the drainage of fluid-pressure waves via active and perme-
able shear systems. 

Numerical modeling by Connolly (1997) indicated that
upward strengthening of the crust increases the wavelength
and amplitude of fluid-pressure waves. Order-of-magnitude
strength contrasts may even arrest wave propagation and con-
trol the distribution of overpressured fluid reservoirs in the
crust.

Pervasive flow of fluid through actively deforming crust
may therefore involve steady-state flow or episodic migration
of fluids via porosity waves. Pervasive flow is expected to be
modulated by the effects of strain or displacement localiza-
tion that generates local permeability enhancement. This will
be especially important around shear zones, faults, and other
high-permeability sites. Structures with enhanced permeabil-
ity relative to the surrounding bulk crust provide sinks into
which dispersed fluid migrates. Pervasive to localized fluid
migration in near-lithostatic fluid-pressure regimes in the
mid- to lower crust provides a dynamic reservoir of overpres-
sured fluids that can drive brittle failure and self-generate
pathways, allowing these deep reservoirs to drain into fault
networks in the upper crust.

An example of the potential role of major fault rupture
events driving permeability enhancement and transitory fluid
migration deep in a modern convergent orogen is provided by
the Mw = 8 subduction zone earthquake near Antofagasta,
Chile, on 30 July, 1995. After the rupture event a seismic
wavespeed anomaly developed deep in the fore-arc region of
the Andean continental crust, above the subducting slab
(Husen and Kissling, 2001; Koerner et al., 2004). The anom-
aly is interpreted to have been associated with a large flux of
fluid migrating out of the downgoing slab, across the newly
ruptured slab interface, and into the continental crust hang-
ing wall. The earthquake ruptured at least a 30-km-downdip
segment of the subduction interface. Over a period of 59
days, a fluid-pressure pulse is interpreted to have migrated
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approximately 15 km into the fault hanging wall, changing the
ratio of compressional wave velocity to shear wave velocity.
Rapid propagation of the velocity anomaly requires that per-
vasive, fluid-pressure–driven fracture growth increased the
permeability of the deep continental crust to values as high as
10–13 m2.

The presence of a contemporary fluid reservoir deep in a
metamorphic pile is also suggested by magnetotelluric data in
the New Zealand Southern Alps (Wannamaker et al., 2002). A
broad, U-shaped conductivity anomaly in the mid- to deep
crust of this currently active collisional orogen is interpreted
as a domain of interconnected, deeply sourced fluid gener-
ated by devolatilization reactions.

The role of coseismic permeability enhancement 
in influencing flow

In regimes where coseismic slip on faults suddenly in-
creases their permeability and interseismic hydrothermal
sealing progressively reduces permeability, fluid flow will be
episodic and dominated by immediate postseismic transient
flow regimes, rather than by steady-state flow regimes.

Numerical modeling of the evolution of fluid-flow regimes
in and around faults following rupture has been described by
Matthai and Fischer (1997), Matthai and Roberts (1997), Tay-
lor et al. (1999), and Braun et al. (2003). For a fault embed-
ded in a less permeable medium, flow and the associated
fluid-pressure field evolve through three stages following co-
seismic permeability enhancement (Braun et al., 2003). In
the first stage, the fluid-pressure gradient that existed prior to
rupture is relaxed as fluid rapidly flows through the fault, dri-
ven by the initial hydraulic head gradient between the up-
stream and downstream ends of the rupture. In the second
stage, fluid flow in the fault leads to rapid fluid-pressure
changes in the rock around the upstream and downstream
ends of the fault. Fluid is rapidly expelled from the down-
stream end of the fault and extracted from the rocks sur-
rounding the upstream end of the fault. This leads to a
reduction in the fluid-pressure gradient between the extrem-
ities of the fault. By the third phase, fluid flow in the rock ma-
trix adapts to the new fault permeability and a steady-state
pressure field develops around the fault (Fig. 16).

The three stages in the evolution of flow regimes initiated
by fault rupture events are illustrated by the time evolution of
fluid velocity at the center of the fault (Fig. 18). In stage 1 of
the evolution, normalized fluid velocity remains constant
until time τf, when the flow velocity starts to decrease at the
beginning of the transient flow in the stage 2 flow regime.
The timescale τf is the time required for the fluid to travel the
length of the fault and is therefore a function of the fault
length and the fault permeability. τf decreases with increasing
contrast in permeability between the fault and the surround-
ing rock mass. In contrast, the time τF required to reach the
start of the steady-state flow regime is controlled by the per-
meability of the rock mass and decreases with decreasing
fault length.

For realistic permeability contrasts between ruptured faults
and their surrounding, less permeable rock mass, the flow
rate in the steady-state flow regime is a small fraction of the
flow rate in the initial and transient phases of flow (Fig. 18;
Braun et al., 2003). In particular, because the fluid velocity

inside the fault is constant during the first stage of flow, the
total amount of fluid Q (volume per unit length of fault) flow-
ing through the fault during the first stage (0 <t <τf) is given
by 

Q = ΦSl2Wψ0/L, (16)

where Φ is the fault porosity, S the specific storage, l the fault
length, W the fault thickness, ψ0 /L the hydraulic head gradi-
ent in the system remote from the fault, and L the dimension
of the modeled rock mass. l2W is the fault volume. For dip-
ping faults embedded in a vertical hydraulic gradient, the
fluid velocity and fluid flux will scale with cosα, where α is the
fault dip (Braun et al., 2003).

The quantity of fluid that percolates through the fault dur-
ing this period of maximum fluid flow is independent of the
fault permeability. Taking l = 0.5L, W = 0.0005l, S = 0.01 m–1,
Φ = 0.05, and ψ0 /L = 0.5, for a 1-km-long fault, the total fluid
flux Q in stage 1 is 2.5 × 105 m3 every failure cycle. For 1,000
slip events, the total fluid flux will be 0.31 km3. For a slip his-
tory involving 1,000 slip events on a 10-km-long rupture sur-
face, total fluid flux is predicted to be 3.1 × 102 km3. This
fluid volume is comparable to that involved in the formation
of large hydrothermal mineral systems (Cox, 1999).

Braun et al. (2003) estimated that the time required to
reach stage 2 conditions, after a rupture event, varies between
30 and 300,000 yr. This depends on the permeability of the
fault and surrounding rock mass. In contrast, the time to
reach steady-state flow conditions, τF, is calculated to be be-
tween 3 and 3 × 104 m.y. The fastest time scales relate to wall
rocks with permeabilities in the range 10–12 to 10–16 m2. This
corresponds to permeabilities typical of pervasively fractured
igneous and metamorphic rocks. The larger time scales are
relevant for relatively unfractured wall rocks with permeabil-
ities of 10–18 to 10–22 m2. The duration of the stage 1 flow
regime, for moderate- to high-permeability host rocks, is of
the same order of magnitude as earthquake recurrence times
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fied after Braun et al. (2003).



and indicates that kilometer-scale faults are unlikely to attain
steady-state flow regimes during interseismic intervals. This
result is consistent with independent modeling by Matthai
and Fischer (1996) and Matthai and Roberts (1997). Al-
though the modeling assumes constant interseismic perme-
ability, interseismic fault sealing is likely to cause reductions
in flow rates during the stage 1 flow regime.

Where faults drain fluids from the surrounding rock
medium, rapid, transitory flows after slip events have a
major influence on total volumes of fluid involved in the
mineralization process. Furthermore, steady-state flow
models grossly underestimate the actual volume of fluids
flowing through faults. Fault-controlled hydrothermal sys-
tems, such as those involved in the formation of mesother-
mal gold deposits, require fluid transport over distances of
many kilometers. The modeling indicates that time scales
are likely to be insufficient for ore fluids to percolate large
distances through essentially intact host rocks, when driven
by transient fluid-pressure gradients around the kilometer-
scale faults that usually host these deposits. Instead, the ef-
fective transport of hydrothermal fluids from metal source
areas to sites of ore deposition is dependent on the growth
of networks of high-permeability structures (e.g., faults,
shear zones, and associated damage zones), which can drain
fluids from large crustal volumes and provide fast transport
paths to ore deposition sites. Significantly, if faults are to ef-
fectively drain large fluid reservoirs, then the reservoirs
themselves must have high permeability. As the grain-scale
permeability of texturally equilibrated mid- to deep crustal
metamorphic rocks is typically less than 10–18 m2 (Manning
and Ingebritsen, 1999), effective drainage of crustal-scale
reservoirs at depth requires substantial permeability en-
hancement by generation of deformation-induced and/or
fluid-pressure–driven high-permeability pathways through-
out the reservoirs.

Rupturing of overpressured reservoirs—
high fluid flux fault-valve processes

Episodic flow regimes associated with fault ruptures which
tap into overpressured fluid reservoirs have been described
qualitatively by “fault-valve” models which have been applied
particularly to mesothermal gold systems (Sibson et al., 1988;
Boullier and Robert, 1992; Cox, 1995; Robert and Poulsen,
2001; Sibson, 2001). A contemporary example of probable
fault-valve behavior is provided by postseismic fluid migra-
tion associated with the 1997 Umbria Marche earthquake se-
quence in the Apennines, Italy (Miller et al., 2004).

The fluid reservoirs that drive fault-valve behavior can be
broad domains of fluid-saturated crust or more restricted do-
mains, such as hydraulically linked damage zones around fault
and/or shear networks. The enhanced microfracture porosity
in ductile shear zones deforming at high pore fluid factors
provides potentially large fluid reservoirs that can leak into
shallower level brittle fault systems. Fluid-saturated shear
zones would be tapped most efficiently when large earth-
quake ruptures propagate down into their ductile roots from
the seismogenic regime. 

The most extreme episodic flow regimes are likely to be as-
sociated with rupturing of low-permeability seal domains
which separate moderate- to high-permeability, near-lithostatic

fluid-pressured compartments, from shallow crustal, near-
hydrostatic regions. Fault-valve behavior could also occur in
intrusive-related hydrothermal systems where hydrother-
mally sealed carapaces around intrusions separate inner, high-
temperature, overpressured parts of the system from cooler,
outer, lower fluid-pressure parts of the system (Fournier,
1999).

The major feature of fault-valve behavior is that fault rup-
ture events cause sudden permeability enhancement and
connectivity to lower pressure reservoirs. This initiates fluid
discharge up the fault zone from overpressured reservoirs
(Fig. 19). Rapid fluid discharge is followed by gradual hy-
drothermal resealing of the fault and subsequent fluid-pres-
sure recovery in the upstream part of the rupture zone. The
cycle is repeated at each rupture event. Accordingly, fault-
valve processes result in episodic migration of fluid batches
through fault-controlled hydrothermal systems. 

Upstream ends of fault ruptures: In overpressured hy-
drothermal systems, the prefailure stage of the fault-valve
cycle is characterized by increasing fluid pressure in the up-
stream area of the system below sealed zones (Fig. 20). If
fluid pressure reaches σ3 + T before shear failure (Fig. 20b),
then hydraulic extension fractures nucleate and grow prior to
shear failure. The ubiquitous extension vein arrays associated
with fault-related mesothermal gold deposits probably form
at this stage of the fault-valve cycle (Cox, 1995). Opening and
propagation of extension fractures limits the maximum fluid
pressures that can be attained when stress differences are low
(<4T). At higher stress differences, maximum sustainable
pore fluid pressures are less than σ3 + T and extension frac-
tures cannot form (Sibson, 2001).

Extension veins formed adjacent to the upstream parts of
rupture zones should contain fluid inclusions trapped at the
maximum fluid pressures prior to failure. However, fluid in-
clusions trapped when open, fluid-filled veins collapse during
the coseismic fluid-pressure decrease, record much lower
pressures (Boullier and Robert, 1992; Wilkinson and John-
ston, 1996). 

Prior to rupture events, fluid-pressure buildup below seals
can lead also to fluid discharge from this part of the fault
zone. Prefailure fluid discharge is important in the formation
of disseminated ore in wall rocks where ore deposition is con-
trolled by fluid-rock interaction.

At failure, both seal breaching and dilation within the fault
zone are associated with rapid fluid-pressure drop in the up-
stream parts of the rupture zone (Fig. 20). Around dilatant
zones, such as jogs or damage zones near rupture termina-
tions, coseismic fluid-pressure drop may be sufficient to tran-
siently drive fluids into the dilatant zones from the adjacent
wall rocks. Mixing between fault fluids and externally derived
fluids, which are in equilibrium with wall rocks, can provide a
powerful control on localization of ore deposition in fault-fill
veins. Postrupture mixing between fault fluids and fluids
which had discharged from the fault zone prior to rupture
and reacted with wall rock may influence ore deposition (Cox
et al., 1995). Similarly, coseismic fluid-pressure drop that oc-
curs throughout the upstream part of the fault zone, and es-
pecially in dilatant jogs, can drive phase separation and re-
lated ore deposition processes in fault-fill veins (e.g., Sibson
et al., 1988; Cox et al., 1995). Fluid inclusions in fault-fill
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veins, especially in dilatant jogs, should record trapping pre-
dominantly in the low fluid-pressure regime immediately
after fault rupture.

Downstream ends of fault ruptures: In contrast to the fluid-
pressure evolution in the upstream part of a fault rupture
zone, the highest fluid pressures develop in the downstream
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part of the rupture after slip events (Fig. 20). Extension veins
will only form in the downstream region after mainshock rup-
ture if the migrating, post-rupture fluid-pressure pulse
reaches the local value of σ3 + T (dashed line in downstream
fluid-pressure evolution in Fig. 20b).

Suction pump models in near-hydrostatic systems

Sibson (1987, 2001) has discussed fluid redistribution
around seismically active faults in near-hydrostatic regimes.
The major effect of episodic fault rupture is that coseismic di-
lation in the fault zone results in a localized, coseismic fluid-
pressure drop. This “suction pump” behavior draws fluids in
toward the ruptured zone and leads to a gradual, postseismic
recovery of fluid pressure (Fig. 21). The coseismic fluid-pres-
sure drop may be important in driving both phase separation
and fluid mixing in near-hydrostatic–pressured hydrothermal
systems, such as some epithermal systems. 

Stress-driven fluid migration—the poroelastic response

Fluid redistribution processes driven by fault-valve and
suction pump behavior are associated with large, inelastic de-
formations and permeability change within fault zones. How-
ever, changes in stress and fluid-pressure states associated
with the seismic cycle can also drive elastic deformations of
fluid-containing pores and fracture networks. These so-called
poroelastic effects may play a role in moving fluids around
fault systems (Muir-Wood and King, 1993). In the mid- to
deep crust, stress- and fluid-pressure–driven elastic deforma-
tion of high aspect ratio fractures will cause a greater poro-
elastic response than elastic deformation of more equant in-
tergranular pores. Poroelastic behavior in fracture-controlled
reservoirs is most sensitive to changes in normal stress acting
on the fractures. If fractures formed in the ambient stress
regime that drives faulting, the normal stress will be σ3.

As an example, let us consider the poroelastic behavior of
approximately vertical fractures produced in a damage zone
around a normal fault. Normal faults are characterized by a
stress regime in which σ3 is subhorizontal and σ1 is subverti-
cal. In the prefailure phase, σ3 progressively decreases with
time and σ1 stays approximately constant. In this case, and as-
suming nearly constant fluid pressures, fractures will elasti-

cally dilate in the lead-up to rupture events and suddenly de-
crease aperture during coseismic recovery of σ3 (Fig. 22). If
fracture density is highest adjacent to active faults, prefailure
poroelastic dilatancy draws fluids laterally in toward the fault
zone. Coseismic increase in σ3 will then decrease fracture
porosity, driving fluid migration either into the ruptured fault
or laterally away from the fault zone.

For reverse fault environments, where σ3 (vertical stress,
normal to fractures) changes tend to be small, poroelastic ef-
fects will be negligible compared to those for normal faults.
The effects for strike-slip faults will be intermediate between
those for normal and reverse faults.

In hydrothermal systems involving fault-valve behavior
(e.g., most mesothermal gold systems), high fluid fluxes asso-
ciated with breaching of overpressured reservoirs is likely to
overwhelm any fluid flow and hydraulic gradients related to
poroelastic effects.

Convective fluid flow within fault rupture planes 

Inplane convective flow within fault damage zones may
occur transiently after rupture events provided that the slip-
generated permeability in the rupture surface and the associ-
ated damage zone is high enough, and the damage zone is
fluid saturated and has a near-hydrostatic vertical fluid-pres-
sure gradient. Onset of convection and the patterns of con-
vection are controlled by the thermal properties of the rock
and the fluid, the vertical temperature gradient, and the
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permeability of the fault zone (Murphy, 1979; Zhao et al.,
2004). High fault permeability and low wall-rock permeabil-
ity favor highly localized convective flow within the rupture
zone.

Localization of Fluid Flow at Regional Scales

The role of irregularities in fault geometry in crustal-scale
fault systems

It has been shown that large changes in fluid-flow rates can
occur during the seismic cycle in crustal-scale fault systems.
Fluid fluxes are also spatially very variable along the length of
fault networks. This irregular distribution of flow provides a
fundamental control on where potentially mineralizing hy-
drothermal systems can develop within fault systems. Impor-
tantly, to form well-endowed ore systems, high-permeability
areas need to be long-lived features during the evolution of
active fault networks.

Localization of flow within small segments of fault net-
works during postseismic fluid redistribution appears to be
influenced largely by geometric irregularities. These irregu-
larities play a key role in controlling the magnitude of perme-
ability enhancement, not just during major rupture events but
also during subsequent evolution of the system as aftershocks
propagate and enhance permeability up to many kilometers
away from main shock ruptures. 

Geometric irregularities in fault systems have their origins
in the way fault networks grow (Sibson, 2001). Large through-
going faults grow by linkage between initially disconnected,
shorter fault segments. Linkage occurs via the formation of
bends, jogs, or relay structures, so that large faults usually con-
sist of nearly planar, structurally simple fault segments, linked
by shorter zones having greater structural complexity. Simi-
larly, at the ends of high displacement faults, decreasing net
slip on the principal displacement surface is commonly taken
up by distributed strain around the ends of the structure.
These strains are accommodated by the formation of various
types of extensional or contractional splay structures. These
are also sites of marked structural complexity compared to the
more planar segments of fault systems. Bends, jogs, relays, and
terminal splay structures on high displacement faults are sites
of the most intense damage within crustal-scale fault systems
(e.g., Kim et al., 2004) and are typically associated with higher
densities of low displacement faults and related fractures than
elsewhere in fault systems. Accordingly, they tend to be the
high-permeability sites in fault systems.

Structurally complex damage zones are expected to be most
active and most permeable in immature fault systems while
they are actively developing linkages between segments. As
fault systems accumulate displacement, there is a general de-
crease in frequency of geometric irregularities that provide
barriers to propagation of large ruptures (Wesnousky, 1988).
Accordingly, with increasing finite displacement on crustal-
scale faults, geometric barriers are eventually short circuited
and deactivated by diversion of principal slip surfaces around
them. Overall permeability of fault systems is therefore ex-
pected to decrease with increasing maturity (Sibson, 2001).
In particular, deactivated lateral and terminal damage zones
will lose their permeability and cease to influence the distrib-
ution of flow in hydrothermal systems. 

Damage zones associated with fault linkages and termina-
tions give rise to a fundamental permeability anisotropy in
fault systems. Linkage structures in strike-slip systems have
strong vertical connectivity, whereas in reverse and normal
fault systems they have high horizontal connectivity (Fig. 23).
Both contractional linkages and dilatant linkages are en-
hanced permeability sites after rupture events. Even though
they are sites of shortening, contractional linkages have very
high densities of low displacement faults and related frac-
tures. The Victory Complex in the St. Ives goldfield, 80 km
south of Kalgoorlie, Western Australia, provides an example
of a major mesothermal gold system which is developed in a
kilometer-scale contractional jog within a large strike-slip
fault system (Cox and Ruming, 2004).

Because fault segments between linkage and terminal dam-
age zones are more planar and structurally less complex, they
probably have lower bulk permeability than damage zones.
Additionally, the less damaged planar segments of faults can
be sealed faster than the high aperture, high fracture density
sites provided by fault linkage and terminal damage zones.
Accordingly, flow is predicted to persist longer in the inter-
seismic period in the complex damage zones than in inter-
vening less complex planar fault segments (Micklethwaite and
Cox, 2004). 

Localization of flow in aftershock networks

There are two intriguing aspects about the distribution of
mesothermal gold deposits in crustal-scale fault networks that
may help to understand controls on large-scale distribution of
flow in fault-controlled hydrothermal systems. First, these
deposits tend to form predominantly within low displacement
faults and shear zones adjacent to much larger crustal scale
shears, rather than in the kinematically related, high dis-
placement structures. The ore-hosting structures can be sev-
eral kilometers from the high displacement faults. Second,
mesothermal gold deposits have a very clustered distribution
within crustal-scale fault networks. They tend to occur in
goldfields with dimensions up to around 10 km in diameter
and typically along small segments of much more extensive
crustal scale shear systems (Robert et al., 2005). For example,
in the Kalgoorlie region of the Eastern Goldfields province of
the Archean Yilgarn craton in Western Australia, the majority
of gold deposits are spatially related to the Boulder-Lefroy
fault system (Cox and Ruming, 2004). Deposits exhibit a
strong clustering, with significant Au endowments being pre-
sent in the Paddington, Kalgoorlie-Boulder, New Celebra-
tion, and St Ives goldfields. These goldfields are spaced ap-
proximately 30 km apart along the Boulder-Lefroy fault
system.

The role of coseismic stress transfer: Insights about the dis-
tribution of fluid pathways in fault systems are provided by
the behavior of modern seismogenic fault systems. The high-
est displacement faults repeatedly rupture in magnitude 6 to
8 events and are expected to exert most control on fluid re-
distribution during repeated seismic cycles. The low displace-
ment faults form part of a much broader damage zone around
crustal-scale faults and may be hydraulically linked to the
high displacement ruptures. In this case, the low displace-
ment faults can form fluid feeder zones, delivering fluid to
the high displacement structures in their upstream regions.
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In contrast, in the downstream part of these systems, the low
displacement damage zone provides distributary structures
that facilitate fluid discharge from high displacement fault
zones (Fig. 19). Most slip on low displacement faults occurs
during aftershock sequences that follow main shocks on the
large displacement structures. Interestingly, most aftershocks
are not randomly distributed around mainshock ruptures but
typically concentrate in particular areas around mainshock
rupture zones (Stein, 1999). 

Modeling of coseismic static stress change in modern seis-
mogenic systems is having much success in explaining the
nonrandom distribution of aftershocks (King et al., 1994;
Stein, 1999). The probability of aftershock activity is inter-
preted to increase where the difference between shear
strength, τs and imposed shear stress, τ, decreases as a result
of mainshock–driven changes to stress and fluid-pressure
states. The difference between shear stress and shear
strength is known as the Coulomb failure stress. The rupture-
driven change in Coulomb failure stress, ∆CFS, therefore
measures change in the proximity of the shear stress and

fluid-pressure state to failure conditions in a rock mass and is
given by

∆CFS = ∆τ – ∆τs, (17)

where ∆τ and ∆τs are the change in shear stress and shear
strength, respectively. Shear strength is given by

τs = C + (µσn – Pf), (18)

where C is the cohesive strength, µ is the friction coefficient,
σn is the normal stress, and Pf is the pore fluid pressure.
Accordingly,

∆CFS = ∆τ – µ(∆σn – ∆Pf) (19)

can be calculated by elastic-frictional modeling of fault slip
(e.g., King et al., 1994). Domains of positive ∆CFS have a
higher probability of producing aftershocks than areas of neg-
ative ∆CFS. The locations of lobes of positive ∆CFS are in-
fluenced by the locations of mainshock rupture arrest, fault
kinematics, slip magnitude, and the orientation of the re-
gional stress field. The modeling approach usually assumes an
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undrained pore-fluid condition in which sudden, coseismic
changes in stress states drive changes in fluid pressure via
poroelastic effects only (Stein, 1999).

By analogy with active seismogenic systems, the low dis-
placement faults and brittle-ductile shear zones that host
mesothermal gold deposits are interpreted as being repeat-
edly reactivated as aftershocks following major rupture events
on nearby high displacement faults (Cox and Ruming, 2004).
Application of stress-transfer modeling in fault-controlled hy-
drothermal systems is providing insights about controls on the
distribution of mineralization in fault systems (Cox and Rum-
ing, 2004; Micklethwaite and Cox, 2004). The present work
suggests that major contractional or dilational jogs on high
displacement faults play a key role in localizing mainshock
rupture arrest. For example, the distribution of low displace-
ment faults containing gold deposits in the St. Ives goldfield
is consistent with rupture arrest and coseismic static stress
change being controlled by the presence of a large contrac-
tional jog in a regional fault system (Fig. 24). Although major
mineralization occurs in an imbricate thrust array in the jog,
substantial mineralization also occurs in low displacement
faults up to 10 km from the jog, within areas where modeled

coseismic static stress change favored aftershock activity. Sim-
ilarly in the Mount Pleasant goldfield, 50 km northwest of
Kalgoorlie, the distribution of fault-hosted gold mineraliza-
tion correlates well with modeled areas of positive ∆CFS as-
sociated with rupture arrest on a regional-scale dilational jog
on a high displacement fault (Micklethwaite and Cox, 2004).

Accordingly, large jogs on high displacement faults not only
provide major conduits for fluid redistribution in fault net-
works but may also control mainshock rupture arrest and
thereby influence coseismic stress changes and the distribu-
tion of domains where aftershocks occur. Aftershock net-
works potentially enhance crustal permeability for many kilo-
meters away from jogs and are interpreted to provide
distributary percolation networks along which fluids dis-
charge from jogs or other high-permeability arrest points on
high displacement faults. During the life of an active fault sys-
tem, aftershock domains are expected to be reactivated hun-
dreds to thousands of times, with new batches of hydrother-
mal fluid percolating though them after each mainshock
rupture.

Whether aftershock networks become mineralized will de-
pend first on whether the network taps into appropriate
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reservoirs. Second, mineralization will depend on whether
the network is repeatedly reactivated long enough for a sig-
nificant metal endowment to accumulate. This requires main-
shock rupture propagation to be repeatedly arrested by long-
lived asperities in fault systems. Third, appropriate physical
and chemical processes must operate to scavenge metals from
fluids along the fluid pathways.

Fluid-triggered aftershocks: Rapid postseismic fluid redis-
tribution and consequent changes in the fluid-pressure field
should occur when mainshock ruptures penetrate overpres-
sured fluid reservoirs. In this situation, changes in Coulomb
failure stress and consequent aftershock triggering may be
substantially influenced by postseismic fluid-pressure
changes (Nur and Booker, 1972; Bosl and Nur, 2002), as well
as by the effects of coseismic static stress transfer (see eq. 19). 

A contemporary example of probable fluid triggering of af-
tershocks is described by Miller et al. (2004). They demon-
strate that the distribution of aftershocks associated with the
1997 Umbria Marche earthquake sequence in the northern
Apennines, Italy, is not well-explained by coseismic static
stress transfer. The Umbria Marche mainshock nucleated at a
depth of approximately 6 km and ruptured a moderately dip-
ping normal fault. The earthquake sequence commenced
with two earthquakes of magnitude 5.7 and 6, nine h apart.
These were followed by thousands of events over several
months. The aftershocks migrated through a region measur-
ing 40 km in length and 15 km in width over a 30-day period. 

A large proportion of aftershocks in the Umbria Marche se-
quence occurred in the hanging wall of the mainshock rup-
ture. Miller et al. (2004) argued that the spatial distribution of
aftershocks and the time-dependent migration of aftershock
activity can be explained by a model in which mainshock rup-
ture breached a seal between a deep, overpressured, CO2-
rich reservoir and the shallower, near-hydrostatic–pressured
regime. Seal breaching caused discharge of fluids from the
deep fluid reservoir and propagation of a fluid pressure-pulse
upward and outward from the main shock rupture surface
(Fig. 19c). Rising fluid pressure in the surrounding crust is in-
terpreted to have triggered slip on low displacement faults,
causing aftershocks. The modeled fluid-driven, postseismic
changes in Coulomb failure stress are calculated to be two or-
ders of magnitude greater than typical coseismic static stress
changes of 0.1 to 0.2 MPa.

The rate of migration of the inferred postseismic fluid-pres-
sure pulse (approx 1 km/d) indicates that the large-scale per-
meability in the mainshock-aftershock zone was approxi-
mately 4 × 10–11 m2 (Miller et al., 2004) during the aftershock
sequence. This extreme permeability enhancement corre-
sponds to highly fractured rock.

The interpretations of Miller et al. (2004) have important
implications for understanding fluid pathways in fault-con-
trolled hydrothermal ore systems. The work first highlights
the role of earthquakes in generating episodic hydraulic con-
nectivity between deep, overpressured fluid reservoirs and
shallower crustal regimes. Second, it highlights how postseis-
mic fluid redistribution is not only influenced by coseismic
permeability enhancement along mainshock rupture zones.
Postseismic propagation of fluid-pressure pulses away from
the mainshock zone can also drive permeability enhancement
within a broad domain around the mainshock zone by

promoting fluid-driven failure on aftershock ruptures. The af-
tershock ruptures form a fluid-driven, invasion percolation
network that progressively drains fluids from the deeper
level, breached reservoir via the mainshock rupture zone. 

The fluid-triggered aftershock model predicts that, after
each mainshock, the network of hydraulically linked after-
shock ruptures grows progressively outward from the main-
shock zone. Because aftershock networks can extend many
kilometers from the main shock rupture surface, ore potential
may develop well away from the high displacement main-
shock structures that drain deeper crustal, metal-fertile fluid
reservoirs.

The spatial distribution of aftershocks that are triggered by
migrating fluid-pressure pulses can be different from that
predicted by coseismic static stress transfer. In particular,
fluid-triggered aftershock permeability enhancement is ex-
pected to be highest around the upper parts of mainshock
rupture zones (Fig. 19c). In moderately dipping rupture
zones, fluid discharge occurs preferentially into the hanging
wall of the rupture surface. Note, however, that fluid-trig-
gered aftershocks and aftershocks triggered by coseismic sta-
tic stress changes represent two end-member situations. In
many seismogenic fault systems, both driving processes are
likely to influence the distribution of aftershocks and hence
the distribution of fluid pathways that can drain fluid reser-
voirs. 

The seismic activity around the Umbria Marche rupture
zone indicates that individual pulses of postseismic fluid re-
distribution can occur on time scales of months. Migration of
aftershocks following the 1992 Landers earthquake sequence
in California is also interpreted to have been influenced by
fracture-controlled fluid redistribution on similar time scales
(Bosl and Nur, 2002). 

Deposit-Scale Controls on Flow in Hydrothermal Systems

Permeable damage zones related to faults and shear zones

As on the regional scale, faults and associated fracture ar-
rays exhibit heterogeneous distributions of fracture apertures
and fracture densities at deposit scales. Areas with the high-
est apertures and/or fracture densities produce the highest
permeability sites that localize the highest fluid fluxes. High
fracture apertures and densities are typically associated with
deposit-scale fault bends, step-over regions, or jogs which link
approximately planar segments of faults and shear zones (e.g.,
Hulin, 1929; Bateman, 1959; Sibson, 2001; Fig. 23).

Both deposit-scale contractional and dilational jogs provide
sites with high fracture density that localize fluid flow and ore
deposition. The orientation relationships between faults, jogs,
and slip directions result in the long axis of jogs developing
approximately parallel to the σ2 orientation (Fig. 23c). This
produces a permeability anisotropy favoring flow parallel to
the jog axis. For reverse and normal faulting regimes, exten-
sional and contactional jogs have subhorizontal plunges (Fig.
23d). This provides good horizontal fracture connectivity and
permeability within faults and may cause ore shoots to have
gentle plunges (e.g., Cox et al., 1995). In contrast, strike-slip
regimes produce jogs with good vertical connectivity, which
can control the geometry of steeply plunging ore shoots (Fig.
23d).
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In both the Ballarat and Castlemaine goldfields in central
Victoria, gently plunging dilational jogs on low displacement
reverse faults provide a major control on lode location and
geometry (Cox et al., 1991). As noted earlier, the Victory
Complex of gold deposits in the St. Ives goldfield is localized
within a contractional jog on a regional sinistral fault system.
Individual lodes are localized within faults that form an im-
bricate thrust array within the jog zone (Cox and Ruming,
2004). Mineralization also occurs in heavily fractured compe-
tent units in the jog zone. The less steeply dipping segments
of thrusts tend to be more dilatant than steeply dipping fault
segments and are associated with fault-fill vein mineraliza-
tion.

High fracture permeability is also localized around fault
termination zones, where fault splays, wing cracks, or brec-
ciated regions develop (Fig. 23b). An outstanding example of
wing crack or horsetail structures controlling the distribution
of mineralization occurred in the Leonard mine at Butte,
Montana (Bateman, 1959; Fig. 25). Here, mineralized, north-
west-trending, steeply dipping wing cracks have propagated
up to 100 m away from the tips of northeast-trending dextral
strike-slip fault veins. The array of wing cracks forms a high-
density, mineralized fracture array, presumably with greatly
enhanced vertical permeability during mineralization, over an
area of 650 × 150 m and at least 1,000 m in vertical extent
(Meyer et al., 1968).

Although much mineralization in fault-related ore systems
occurs in fault-fill lodes, or disseminated mineralization adja-
cent to faults and shear zones, further mineralization is also
usually associated with arrays of extension veins which can ex-
tend for many meters away from faults (e.g., Fig. 25). Fault-
related extension veins provide distributary networks for fluid
discharge from faults into reactive wall rocks. 

Effects of competence contrast on fluid pathways

Where competent rock layers are embedded in a less com-
petent matrix, more rapid deformation of the matrix gener-
ates strain compatibility problems between the competent
layer and the matrix. During shortening at high angles to layer
interfaces, one way for strain compatibility to be maintained
along the competent interface is for the competent layer to
stretch by fracture or boudinage. Fracture may produce ar-
rays of extension veins localized within the competent layer,
at high angles to the boundary of the competent layer. Exten-
sion of competent layers may also be achieved by production
of hybrid extensional shear fractures or faults. Fracture arrays
associated with low strain, layer-parallel extension of compe-
tent layers provide an important structural control on fluid
migration and ore localization in many mesothermal lode gold
systems. Examples include the Walhalla-Woods Point de-
posits in Victoria (Clappison, 1954; Edwards, 1954), the syen-
ite-hosted Wallaby deposit in the Eastern Goldfields of West-
ern Australia (Salier et al., 2004), and stacked faults at
Lamaque, Quebec (Robert and Poulsen, 2001). Although ver-
tical stretching during the formation of each of these vein-re-
lated lode systems should lead to marked subhorizontal per-
meability anisotropy, good vertical connectivity was also
provided by the intersecting mesh of mineralized fractures.

The distribution of lode-hosting structures at the Golden
Mile (low displacement faults and shear zones) and Mount
Charlotte (extension and extensional-shear veins) deposits at
Kalgoorlie also reflects competence contrasts (Clout et al.,
1990). In both these cases, permeability enhancement due to
fracturing and lode formation was localized in a thick, com-
petent dolerite sill that is embedded in more ductile stratig-
raphy. Fracture formation occurred particularly within a
coarse-grained granophyric zone in the sill.

At high strains, complete pull-apart of competent layers
forms boudins. The separation zones between boudins pro-
vide high-permeability fluid pathways. An example is dis-
cussed by Oliver et al. (2001) where intense alteration, vein-
ing, and minor mineralization in the Mary Kathleen fold
belt, Queensland, is localized around the ends of boudins in
amphibolites.

During approximately plane strain, where extension occurs
predominantly in one direction, the permeability anisotropy
associated with boudin separation leads to highest permeabil-
ity along a direction parallel to the boudin long axis. The
geometry of ore shoots can reflect this permeability anisotropy.
Boudins are particularly well developed where competent
units are incorporated in high-strain ductile shear zones, as
well as on fold limbs in areas with tight folding. In flattening
strain regimes, boudin separation zones can form in any di-
rection within the flattening plane (XY plane of the strain el-
lipsoid), so there need not be a preferred permeability
anisotropy in any particular direction within the layering.
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Where strain compatibility is not maintained at an interface
between competent and incompetent layers, mechanical de-
coupling localizes along the boundary. In low-temperature or
high pore-fluid factor environments, this nucleates a brittle
fault along the interface. In ductile regimes, a shear strain
gradient can develop at the interface. This may nucleate a
shear zone that can grow to dimensions much larger than the
competence contrast that initiated it. Both brittle and plastic
decoupling at mechanical interfaces enhance permeability
and may localize flow and ore deposition.

The presence of competent layers may also influence local-
ization of permeability enhancement in other ways. In partic-
ular, dilatant jogs can be localized where faults obliquely cut
though competent layers. 

Fold-related fluid pathways

Three basic buckle-folding mechanisms control the initial
phases of fold growth during layer parallel shortening; these
are flexural slip, flexural flow, and tangential longitudinal
strain (Ramsay and Huber, 1987). Which mechanism oper-
ates is influenced by the strength of mechanical coupling be-
tween layers, the mechanical behavior of layers, and compe-
tence contrasts between layers. Each mechanism produces
distinctive strain and displacement distributions around
buckled layers and is associated with distinctive fracture styles
that influence permeability enhancement, vein formation,
and ore localization during folding. 

Tangential longitudinal strain: Tangential longitudinal
strain is a term used to describe one way in which strain can
be distributed in fold hinge zones during folding (Ramsay,
1967). It is particularly relevant for folding of competent lay-
ers in low- to moderate-temperature environments. During
the early stages of fold growth by tangential longitudinal
strain, the outer arcs of competent layers are stretched paral-
lel to bedding in fold hinges, whereas the inner arcs are short-
ened parallel to bedding. If pore-fluid factors are high
enough for fluid pressure to exceed the near-field minimum
principal stress, outer-arc stretching is associated with forma-
tion of extension veins at high angles to bedding in fold hinges
on the outer arc of individual competent rock layers or pack-
ages of competent layers (Fig. 26a). Normal faults can also
form in this area. Inner-arc shortening can be associated with
growth of reverse faults and associated veins, as well as inten-
sification of foliation development. 

Ramsay (1974) noted that late during fold tightening, the
strain states in fold hinges may change. In this case, the outer
arcs of fold hinges in competent layers may undergo late ex-
tension at high angles to bedding, producing bedding-parallel
veins near the outer arcs of competent layers. Similarly, late
extension fractures at high angles to layering can open on the
inner arcs of competent layers.

Flexural flow folding: Flexural flow folding involves ap-
proximately layer-parallel simple-shear deformation on fold
limbs. Such behavior typically occurs in relatively incompe-
tent materials such as slate. As layers maintain approximately
constant bed length on fold limbs during simple shear, there
is no stretching or shortening of layers during this process.
In high pore-fluid factor regimes, a component of layer-par-
allel shear on fold limbs can be accommodated by the for-
mation of en echelon extension veins (Fig. 26b). Localized,

layer-parallel fluid flow is expected to be associated with
grain-scale permeability enhancement in layers undergoing
flexural flow.

Flexural slip and related kink and chevron folding: In mul-
tilayered sequences where mechanical decoupling can occur
along bedding interfaces, fold growth may involve slip along
bedding in a direction perpendicular to fold hinges (Fig. 27a).
This behavior is common during the growth of chevron folds
in fairly regularly layered sedimentary rock sequences. 

In high pore-fluid factor regimes, bedding-parallel flexural
slip is associated with the formation of massive to laminated
veins along bedding (Fig. 27b). Bedding-parallel veins host a
substantial part of the vein-hosted gold mineralization in tur-
bidite-hosted gold deposits such as the Bendigo, Victoria
(Hulin, 1929; Chace, 1947; Cox et al., 1991; Schaubs and Wil-
son, 2002) and the Meguma, Nova Scotia, deposits (Kontak et
al., 1990). Bedding-parallel veins can be active at all stages of
fold growth, from early layer-parallel shortening, through to
shortening after fold lock-up. Bedding-parallel slip is particu-
larly well developed during chevron folding of interlayered
competent and incompetent units, such as sandstone-siltstone-
slate sequences typical of turbidite packages (Ramsay, 1974). 
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A geometric consequence of fold growth by flexural slip is
that, if pore-fluid factors are high enough, dilation and saddle
reef formation can occur at fold hinges (Fig. 27a). Saddle
reefs and related structures provide high-permeability paral-
lel to fold hinges during their formation. Chevron folding of
interlayered competent and incompetent rock sequences is
particularly associated with the formation of saddle reefs and
related structures (Ramsay, 1974). Dilation at fold hinges is
favored by a high ratio of thickness of competent to incom-
petent packages (Fig. 28). Hinge dilation tends to occur in the
incompetent packages adjacent to competent sequences. The
dilational zones may open to produce simple saddle reef veins

or much more complex vein stockworks (Fig. 29). The pres-
ence of anomalously thick competent layer packages, embed-
ded in a succession of more thinly layered competent and in-
competent units, tends to localize major dilation both above
and below the thick competent package, as well as generating
dip misfits along the fold limbs. These space problems can be
accommodated by formation of saddle reefs and the genera-
tion of limb thrusts that break across the fold hinge adjacent
to the thick competent layer (Fig. 30a, b). Note that unless
pore-fluid factors are high in fold hinges, dilation cannot
occur; hinge collapse and the formation of bulbous fold
hinges occurs instead. 

The presence of anomalously thin competent layers in a
generally more thickly layered sequence also generates space
problems during chevron folding. The thin competent layer
usually accommodates the strain in the thickly bedded pack-
age by layer-parallel stretching on fold limbs. This involves
formation of veins approximately perpendicular to bedding in
the competent units (Figs. 29c, 30c).

Many saddle reef structures in the Bendigo goldfield are
modified by the presence of mineralized limb thrusts that
break through the hinge area to form bedding-discordant
faults. Where they are bedding-discordant, the limb thrusts
usually are spatially associated with arrays of extension veins in
both their footwall and hanging wall. In contrast, the bedding-
parallel veins on fold limbs seldom have associated extension
veins until they are close to the hinge zone. Where partial hinge
collapse occurs around anomalously thick competent packages,
vertically elongate to cuspate saddle reef structures are devel-
oped. Some of these structures are tens of meters high.

The presence of dilational zones in fold hinges, associated
limb thrusts, fault- and fold-related extension veins, and limb
stretching, all establish a strong permeability anisotropy that
favors fluid flow parallel to fold hinges during growth of
chevron folds.
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FIG. 27.  a. Flexural slip in a multilayered sequence produces bedding-parallel slip and hinge dilation. b. Bedding-paral-
lel gold-bearing quartz lode associated with bedding-parallel slip during fold growth. Sheepshead anticline, Bendigo, Victo-
ria, Australia.

FIG. 28.  Formation of hinge dilation zones associated with chevron fold-
ing of interlayered competent and incompetent units. Strain in the incompe-
tent layer is approximately simple shear (i.e., flexural flow) on the fold limbs.
The competent layer is essentially unstrained on the fold limbs, whereas in
the fold hinge zone, strain can approximate tangential longitudinal strain.
Modified after Ramsay (1974).



In the Bendigo goldfield, saddle reefs and related struc-
tures are developed predominantly in anticlinal hinge zones.
Very few synclines, other than small parasitic ones in major
anticlinal zones, have substantial vein development (Cox et
al., 1991). This relationship is interpreted to indicate that
pore-fluid factors in synclinal domains did not reach suffi-
ciently high levels to promote fracture growth. This is under-
standable if anticlinal zones acted as low-permeability strati-
graphic and/or structural traps and pressure-driven flow
forced fluids broadly upward along high-permeability path-
ways (e.g., active bedding-parallel faults) until flow was im-
peded at anticlinal hinges. During opening of saddle reefs
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FIG. 29.  Vein development near hinge zones of chevron folded sequences.
a. Complex quartz veining (white) associated with hinge dilation and associ-
ated limb faulting in the hinge of a recumbent fold, Millook Haven, UK. b.
Development of complex vein arrays in an anticlinal hinge zone, Sheepshead
anticline, Bendigo. Bedding on right side of image dips steeply to the right;
bedding on left side of image dips moderately to the left. c. Vein formation
and related fracture-controlled permeability in an interbedded sequence of
sandstone and slate, near the hinge zone of the Sheepshead anticline. In in-
competent slate layer A, vein formation is associated with flexural flow dur-
ing fold growth. Bedding-parallel flexural slip and dilation at B has produced
a bedding-parallel laminated vein. Layer-parallel stretching has produced ar-
rays of extension veins at high angles to bedding in competent sandstone
layer C.
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FIG. 30.  Effects of variable layer thicknesses on distribution of dilational
sites, faults, and fractures during chevron folding. a. Bulbous hinge structure
in an anomalously thick folded layer. b. Limb thrust developed due to pres-
ence of an anomalously thick layer. c. Layer-parallel stretching and fracturing
in an anomalously thin competent layer. Modified after Ramsay (1974).
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and related structures, permeability anisotropy favors subse-
quent fluid migration up plunge along anticlinal hinge zones.
Skelton et al. (1995) have also described evidence for flow lo-
calization at the hinges of regional antiforms during regional
folding, foliation development, and prograde metamorphism
in the Scottish Highlands.

At Bendigo, the major vein-hosted mineralization is devel-
oped in the culmination zones (i.e., the structurally highest
positions associated with fold plunge reversal) in about ten
doubly plunging anticlines, over an area of 50 km2. This sup-
ports an interpretation that fluid-pressure gradients along
high-permeability anticlinal hinge zones drove flow up plunge
toward regional anticlinal fold culminations. The highest
pore-fluid factors are interpreted to have developed beneath
low-permeability, unfractured carapaces in the culmination of
each anticline. Vein-hosted lode formation in these areas was
probably promoted by fluid-driven failure and progressive
propagation of fluid-pressure pulses to successively higher
stratigraphic levels in culmination zones.

At the Ballarat and Castlemaine goldfields in central Victo-
ria, bedding-parallel faults continued to be active after fold
lock-up. In these goldfields, unlike Bendigo, bedding-parallel
slip zones generally are not associated with saddle reefs at
fold hinges but instead generate limb thrusts where they in-
tersect fold hinges. Limb thrusts cut across the adjacent fold
limb as less steeply dipping, bedding-discordant faults (Cox et
al., 1991; Cox, 1995). Where they intersect the next fold
hinge, they again become bedding-parallel and more steeply
dipping. This geometry forms a dilatant jog that is elongate
parallel to the fold hinge and would promote a strong com-
ponent of fluid migration parallel to fold hinges within the jog
(Fig. 31). Permeability enhancement associated with slip on
the steeply dipping bounding faults is interpreted to have
provided strong vertical hydraulic connectivity.

Where flexural slip operates in multilayered sequences, the
early stages of folding tend to produce kinklike and box folds
prior to the pervasive development of chevron folds at higher
bulk shortening (Paterson and Weiss, 1966). The general
geometry of kink folds is illustrated in Figure 32. If the kink-
band boundary is not the bisector of the two limbs of a kink
fold, dilation, or contraction across the layering may occur in
the kinked zone (Anderson, 1964; Ramsay, 1967). Where the
angle between the kink-band boundary and the layering out-
side the kink band (α1) is less than the angle between the
kink-band boundary and the layering within the kink band
(α2), dilation normal to layering occurs (Ramsay, 1967; Ram-
say and Huber, 1987). During development of macroscopic
folds, these dilatant sites provide potentially important fluid
pathways. Dilation at layer interfaces localizes especially
where there is a competence contrast. This process is likely to
have been a factor controlling fluid pathways, as well as initi-
ation of some gold-bearing, layer-parallel veins, during the
early stages of folding at Bendigo and other turbidite-hosted
goldfields. More extensive discussion of controls on bedding-
parallel vein formation during the transition from kink fold-
ing, at low bulk strain, to chevron folding at higher strain, is
provided by Fowler and Winsor (1996).

Superimposed homogeneous strain during folding: During
buckle folding in low-temperature metamorphic regimes,
folds tend to frictionally lock-up when interlimb angles reach
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FIG. 31.  a. Fold-related dilatant jog, Wattle Gully gold deposit, Victoria.
b. Schematic three-dimensional illustration of the fold-related dilatant jog,
Wattle Gully fault zone. Inferred fluid-flow directions indicated. Modified
after Cox (1995) and Cox et al. (1995).



approximately 55°. Further bulk shortening then involves
penetrative deformation of layers, as well as faulting. As folds
tighten, competent layers on fold limbs become stretched and
boudinaged. During approximately plane strain deformation,
boudins pull apart typically in a direction at a high angle to
the fold axis. This generates permeability anisotropy with
good connectivity along the direction of fold axis. In other
cases, where the superimposed deformation approximates
flattening strain, shortening perpendicular to the axial plane
results in stretching both perpendicular and parallel to the
fold axis, producing so-called “chocolate tablet” boudinage.
Pull-apart of competent layers in this way leads to good con-
nectivity in all directions that are parallel to layering within
the stretched competent layer. 

Extension of folds parallel to the fold axis may also produce
fractures and veins that cut across fold axial surfaces at high
angles. These fractures tend to host mineralization formed
late during folding.

Fault-bend folding and fault-propagation folding: Fault-
bend folding and fault-propagation folding are important
processes during crustal shortening, especially in foreland
fold and thrust regimes. An important aspect of fault-related
folding is that, as thrust sheets move across fault ramps, fold
hinges and related fracture damage zones migrate through
thrust sheets. Experimental simulation of fault-related fold-
ing (Chester et al., 1991) provides fascinating insights into the
development of permeability in thrust systems (Fig. 33). For
the boundary conditions of their experiments, intense frac-
turing and associated permeability enhancement occurred in
the leading hinge area of the ramp anticline, as well as in the
hanging wall of the fault ramp. The fracture swarm in the
fault ramp nucleates at the trailing edge of the ramp and then
passively migrates in the direction of thrust sheet transport.
Fault propagation folding is also associated with growth of
fracture networks in the hinge of the propagating fold and in
both the hanging wall and footwall of the thrust near the trail-
ing edge of the ramp. Note that these fracture networks will

only be permeable while the fractures are dilating; that is,
while they are moving through fault bend zones.

Concluding Remarks
Dominant influences on the development of crustal-scale

hydrothermal systems at depths greater than several kilome-
ters in the crust include the following:

1. Fluid redistribution is driven largely by hydraulic gradi-
ents between fluid reservoirs and the downstream ends of
percolation networks.

2. Deformation processes and high pore-fluid factors play
a fundamental role in driving permeability enhancement. 

3. Competition between permeability-creation and perme-
ability-destruction processes leads to rapid destruction of per-
meability in fracture-controlled hydrothermal systems unless
ongoing deformation and/or high pore-fluid factors repeat-
edly regenerate permeability.

4. Localization of deformation leads to localization of flow.
5. In aseismic deformation regimes, steady-state deforma-

tion is expected to be associated with steady-state flow
regimes. However, the spontaneous development of porosity
waves may generate episodic fluid flow.

6. In the upper-crustal seismogenic regime, fault slip and
associated permeability enhancement in the rupture zone can
initiate fluid-flow events. Interseismic hydrothermal sealing
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FIG. 32.  Dilation along layer boundaries associated with formation of a
kink fold. Dilation is localized within the kink band when α2 > α1. δt/t pro-
vides a measure of dilation in the kink band, where t is the bed thickness.
Modified after Ramsay (1967). c
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FIG. 33.  Distribution of fracture permeability associated with progressive
growth of an experimentally produced, fault-related fold. Thin black lines
and stipple represent fractured areas. Modified after Chester et al. (1991).



of faults and draining of the hydraulically accessible parts of
fluid reservoirs progressively shuts down flow. Accordingly,
fault-related flow is typically episodic in the seismogenic
regime.

7. Active faults and shear zones play a key role in draining
overpressured fluid reservoirs and establishing high fluid flux
systems that generate epigenetic ore systems.

8. Elevated pore-fluid factors play a key role in driving
growth of percolation networks through invasion percolation.
The greatest localization of flow may occur when networks of
faults and shear zones are close to their percolation threshold.
Cyclic failure and fault sealing during the seismic cycle may
maintain permeability of fault systems near the percolation
threshold.

9. Localization of flow within volumetrically small parts of
high displacement fault and/or shear networks can be con-
trolled by the distribution of jogs and relay structures that pro-
vide pipelike connectivity to deep, overpressured reservoirs.

10. Many epigenetic ore deposits are spatially associated
with low displacement faults and shear zones in larger,
crustal-scale fault networks. The low displacement structures
are interpreted as members of aftershock networks that are
repeatedly reactivated after mainshocks on high displacement
faults. The location of aftershock networks is strongly influ-
enced by the distribution of mainshock arrest points on high
displacement faults, by coseismic stress transfer and by fluid-
driven growth of percolation networks by invasion of high-
pressure fluid pulses away from high-permeability sites at the
downstream end of mainshock ruptures.

11. Deposit-scale localization of fluid flow is strongly influ-
enced by fluid-driven growth of fracture permeability in
structurally controlled sites. Permeability enhancement is as-
sociated particularly with jogs and other irregularities on
faults and shear zones, fault intersections, various fold-related
dilation sites, and fracture growth related to effects of com-
petence contrasts in deforming layered media. Understand-
ing how fracture permeability may develop in different geo-
logic situations can help to predict the location of fluid
pathways and thus the location of potential ore zones.
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